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Tropical cyclone (TC) - induced ocean vertical mixing can alter the upper ocean temperature 
structure, influencing ocean heat content variability and meridional ocean heat transport. This 
TC-ocean interaction process has important implications for the Earth’s climate system on 
seasonal to interannual timescales. The new generation of high-resolution Atmosphere General 
Circulation Models (AGCMs) are capable of directly simulating realistic TC wind structure and 
TC statistics within the modeled large-scale environment, providing an innovative and promising 
approach for TC-climate studies. The goal of the research described herein is to advance 
understanding about TCs’ role within the Earth’s climate system utilizing various configurations 
of the high-resolution “TC-resolving” state-of-the-art Community Earth System Model (CESM). 
The key scientific questions addressed here are: 1) What is the contribution of TCs to the annual 
average ocean heat uptake, and what is the sensitivity of simulation results to ocean model 
resolution (“eddy-permitting” vs. “eddy-resolving”)?  2) How does the choice of ocean coupling 
affect the model-simulated TC activity?  3) What is the impact of the model’s self-generated TCs 
on the modeled global ocean from seasonal to interannual time-scales? 
We first investigate TCs’ contribution to annual upper ocean heat content and examine the 
sensitivity of the result to ocean model grid resolution.  We analyze the upper ocean’s responses 
to TC wind forcing using a suite of ocean-only simulations featuring three different horizontal 
ocean grid resolutions (3˚, 1˚, and 0.1˚). The ocean simulations are forced with identical 
atmospheric inputs from the Coordinated Ocean-Ice Reference Experiments version 2 (COREv2) 
normal year forcing conditions, featuring 18 months of global blended TC winds from a fully 
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coupled CESM simulation with a 25 km atmosphere. We find that ocean horizontal and vertical 
grid resolutions affect TC-induced heat and momentum fluxes, post-storm cold wake features, 
ocean subsurface temperature profiles, and the annually accumulated TC-induced ocean heat 
uptake, which have important implications for modeled ocean heat budgets and variability.  
To understand the impact of ocean coupling on the model-simulated TC activity, we 
performed a suite of high-resolution, multi-decadal CESM simulations in which the 25 km 
atmosphere is configured with three different levels of ocean coupling: prescribed climatological 
sea surface temperature SST, mixed layer ocean, and dynamic ocean. We find that different 
levels of ocean coupling can influence simulated TC frequency, geographic distributions, and 
storm intensity. Key differences in storm number and geographic distribution can be attributed to 
variations in the modeled large-scale climate mean state and variability that arise from the 
combined effect of intrinsic model biases and air-sea interactions. Results help to improve our 
understanding about the representation of TCs in high-resolution coupled Earth system models. 
We investigate the impact of TCs on the global ocean and the associated feedbacks on 
seasonal to interannual time-scales by performing two multi-decadal ocean-only simulations with 
the identical atmosphere boundary forcing from a 30-year fully-coupled simulation configured 
with 0.25˚ atmosphere and 1˚ ocean. TC features are filtered out in one of the simulations 
(OCN_FILT) while fully retained in the other (OCN_TC). The effect of TCs on the global ocean 
can then be isolated by comparing between the two simulations. We find that the model-
simulated TCs can alter ocean temperature patterns and variability, affect ocean energetics, and 
influence ocean heat content and meridional heat transport.  Results help reveal the impact of the 
high-resolution model’s self-generated TCs on the simulated global climate, and provide insights 






 I would like to thank my advisor Ryan Sriver, who has provided tremendous support and 
guidance throughout the years of my PhD. He is a fantastic mentor and has taught me more than 
I could have ever asked for. I feel blessed to be one of his first PhD students. I also want to thank 
Clifford Singer, Zhuo Wang and Deanna Hence for serving on my PhD committee and providing 
great feedbacks and suggestions on this thesis.  
I am grateful for having spent the past five years surrounded by so many lovely people in 
the Department of Atmospheric Sciences. I especially want to thank my fellow group members 
Emily Hogan, Ben Vega-Westhoff, and Andrew Huang, who have made the hours in the office 
fun and inspiring. Special thanks are due to Gan Zhang, Wei Wu, and Yu Yao for always 
inspiring me to work harder and stay humble.  
I greatly appreciate the support from the National Center for Supercomputing 
Applications (NCSA). The scientific discoveries in this thesis would not be possible without the 
computational resources provided by the Blue Waters Supercomputer. A special thanks to David 












 This thesis is dedicated to my beloved family and friends.   
  To my parents, who always give me their best support possible. Thank you for your 
protection, education and unconditional love through all these years. Words cannot express my 
love for you.  
To the memory of my grandfather, who passed away one month before I came to the 
United States for graduate school. You were always proud of me and believed in me. I love you 
and I miss you so much. 
To Yifeng, who shows me that love can be like deep ocean currents: passionate and 
strong while remaining below the placid surface. Thank you for always being warm, 
encouraging, and inspirational. 
 To all of my dear friends. I am blessed to get to know you all. Thank you for making my 












TABLE OF CONTENTS 
 
CHAPTER 1: INTRODUCTION ................................................................................................ 1	
1.1 Motivation ............................................................................................................................. 1	
1.2 Objective and Scientific Questions ....................................................................................... 4	
1.3 Thesis Outline ....................................................................................................................... 5	
CHAPTER 2: TROPICAL CYCLONE-INDUCED UPPER OCEAN RESPONSES AND 
THE EFFECTS OF OCEAN GRID RESOLUTION ................................................................ 7	
2.1 Introduction ........................................................................................................................... 8	
2.2 Methods................................................................................................................................. 9	
2.3 Results ................................................................................................................................. 14	
2.4. Discussion and Conclusions .............................................................................................. 30	
CHAPTER 3: TROPICAL CYCLONE ACTIVITY IN THE HIGH-RESOLUTION 
COMMUNITY EARTH SYSTEM MODEL AND THE IMPACT OF OCEAN 
COUPLING  ............................................................................................................................... 33	
3.1 Introduction ......................................................................................................................... 34	
3.2 Model Configurations, Experiment Design and Observational Data ................................. 36	
3.3 Modeled Climatology ......................................................................................................... 41	
3.4 TC distribution, number and seasonality ............................................................................ 48	
3.5 Impact of ocean coupling on TC simulation ....................................................................... 52	
3.6 Discussion and Conclusions ............................................................................................... 65	
CHAPTER 4: IMPACT OF TROPICAL CYCLONES ON THE GLOBAL OCEAN: 
RESULTS FROM MULTI-DECADAL GLOBAL OCEAN SIMULATIONS ISOLATING 
TROPICAL CYCLONE FORCING ........................................................................................ 69	
4.1 Introduction ......................................................................................................................... 69	
4.2 Methods............................................................................................................................... 71	
4.3 Results ................................................................................................................................. 75	
4.4 Discussion and Conclusion ................................................................................................. 97	
REFERENCES .......................................................................................................................... 100	
APPENDIX A ............................................................................................................................ 108	
APPENDIX B ............................................................................................................................ 111	








CHAPTER 1: INTRODUCTION 
 
1.1 Motivation 
Tropical cyclones (TCs) are among the world’s deadliest and most destructive natural 
hazards. The 2017 hurricane season caused over $200 billion of damage.  TC activity is closely 
linked with large-scale environmental factors such as vertical wind shear (Bender, 1997; 
Emanuel et al., 2004; Frank and Ritchie, 1999), low-level vorticity (Gray, 1968), mid-
troposphere relative humidity, and upper ocean heat content (Shay et al., 2000). Understanding 
how these environmental factors are changing with climate evolution can provide insights into 
changes of TC activity and variability (Camargo, 2013; Walsh et al., 2014; Wehner et al., 2015). 
On the other hand, increasing evidence suggests that TCs may not merely passively respond to 
the surrounding environment, but can also play an active role in the coupled ocean-atmosphere 
system, through enhanced ocean mixing associated with extreme TC winds. 
As TCs move over the warm ocean surface, storm winds can lead to vigorous upper 
ocean vertical mixing. The mixing disturbs the upper ocean stratification, bringing cold water up 
to the ocean surface and injecting warm water down into the ocean interior (Ginis, 2002; Price, 
1981).  As a result, TCs are often followed by cold wakes at the ocean surface and anomalous 
warming at the subsurface (i.e., Figure 1.1).  The surface cold wakes are typically restored to 
pre-storm conditions within approximately 30 days (Dare and McBride, 2011) through enthalpy 
exchanges at the air-sea interface, but the warm anomalies beneath may persist for a much longer 
time (Mei et al., 2013; Park et al., 2011; Pasquero and Emanuel, 2008). This suggests that the 





Figure 1.1. 3D visualization of surface TC winds and TC-induced ocean temperature anomalies 
in the northwestern Pacific, based on simulation results from Li and Sriver (2016).  The vectors 
indicate surface wind, and the colored contours represent ocean temperature differences induced 
by TCs. The longest vector in the figure indicates wind speed of 40 m/s.  
 
 
An increasing number of observational and numerical studies have found that the TC-
induced anomalous upper ocean heat uptake could impact regional to global ocean heat budgets 
[Bueti et al., 2014; Cheng et al., 2015; Emanuel, 2001; Jansen et al., 2010; Jullien et al., 2012; 
Mei et al., 2013; Sriver et al., 2008; Sriver and Huber, 2007].  Moreover, the anomalous ocean 
heat convergence may potentially modulate ocean heat transport in the tropical ocean (Boos et 
al., 2004; Bueti et al., 2014; Jansen and Ferrari, 2009; Manucharyan et al., 2011), alter large-
scale circulation patterns in the ocean and atmosphere (Sriver and Huber, 2010), influence 
equatorial ocean waves (Sriver and Huber, 2010; Li et al., 2016), and affect large-scale climate 
variability such as the El Nino-Southern Oscillation. These studies suggest that TC-ocean 
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interactions and the associated feedbacks may have great implications for climate dynamics and 
variability.  
While previous studies have provided fundamental insights into the potential importance 
of TCs within the large-scale climate, estimates of TC-induced global ocean heat uptake vary 
across studies, and the significance of the associated effect on global climate is a topic of much 
debate. Major challenges include the lack of observational support of the complex air-sea 
interactions and ocean dynamic responses under extreme TC conditions, as well as 
computational difficulties in simulating these processes within numerical models.  
Representing TCs within a global climate model is a difficult task, as it falls at the 
interface between weather and climate modeling: it requires high spatial resolution to resolve 
weather-scale TC features, as well as global-scale spatial coverage and decades of integration 
time. Recent years have seen rapid advances in computational capability, which has enabled the 
implementation of high resolution climate modeling.  Several recent studies have found that 
atmospheric models with horizontal resolution of 50 km and higher could spontaneously 
simulate TC-like circulations, and the aggregated basin-scale TC climatology is consistent with 
observations (Bacmeister et al., 2013; Kirtman et al., 2012; Small et al., 2014; Wehner et al., 
2010; McClean et al., 2011). Moreover, these model-generated storms can induce realistic upper 
ocean responses in a high-resolution coupled framework (see Figure 1.2 as an example), 
including sea-surface temperature (SST) cooling, mixed layer deepening, subsurface warming, 
and the associated upper ocean heat anomalies (Kirtman et al., 2012; Li et al., 2016; McClean et 
al., 2011). The new generation of high resolution Earth system models provides an innovative 






Figure 1.2 Figure from Li et al., (2016). (A) Simulated TC circulation within the Community 
Climate System Model 3.5 (CCSM3.5) with 0.5˚ atmosphere.  (B) The corresponding surface 
temperature anomaly from the 0.1˚ eddy-resolving ocean model component.  
 
 1.2 Objective and Scientific Questions 
The goal of this PhD research is to advance the understanding about TCs’ role within the 
Earth’s climate system using the high-resolution “TC-resolving” state-of-the-art Community 
Earth System Model (CESM). To achieve this goal, our first step is to examine the aggregated 
TC-induced global ocean heat anomalies in the model. In particular, we investigate the 
sensitivity of the upper ocean’s responses to ocean model grid resolution, which largely affects 
the representation of mesoscale ocean eddies that are important for upper ocean stratification and 
ocean heat transport. Therefore, the first key research question is: 
1) What is the contribution of TCs on the annual ocean heat uptake, and what is the 
sensitivity of the result to ocean model resolution (“eddy-permitting” vs. “eddy-resolving”)?   
Next, in order to understand the impact of the model’s self-generated TCs within the 
modeled large-scale climate, it is important to first characterize the high-resolution model’s self-
Ocean-atmosphere coupling is important for quantifying surface fluxes of heat and momentum within
storm-affected regions [Bender and Ginis, 2000; Jullien et al., 2014], as well as potential remote impacts asso-
ciated with altered dynamics [Bender and Ginis, 2000; Jullien et al., 2014; Pasquero and Emanuel, 2008; Scocci-
marro et al., 2011]. Several recent modeling studies have shown that coupled climate models are capable of
simulating present-day TC statistics, including geographical distribution, frequency, and interannual variabil-
ity [Bell et al., 2013; Gualdi et al., 2008; Kim et al., 2014; Rathmann et al., 2014]. These models typically exhibit
biases across different basins due to their generally coarse model resolution, relatively short simulation
times, and/or uncertainties related to integrated model responses and interactions. Coupled climate models
have also been used to explore potential TC connections to large-scale climate features. For example, Hu
and Meehl [2009] use a relatively coarse resolution (!2.88 atmosphere !18 ocean) version of the Community
Climate System Model (CCSM), to explore the effect of TCs on meridional volume and heat transports, find-
ing that the positive influence of TC-induced diapycnal ocean mixing on meridional transports is partially
modulated by increased freshwater forcing associated with heavy TC precipitation. Also using a relatively
low-resolution version of CCSM3, Manucharyan et al. [2011] analyzed how imposed intermittent vertical
ocean mixing associated with TC events may affect large-scale ocean temperature structure and circulation
patterns. They found that the additional TC-like mixing leads to both enhanced poleward ocean heat trans-
port and tropical equatorial heat convergence. Scoccimarro et al. [2011] investigated the North Hemisphere
poleward ocean heat transport induced by model-generated TCs on both transient and long-term time
scales with a 0.758 atmosphere and 28 ocean. T ey concluded that TCs could largely enha ce the ocean
heat transport on weekly time scales, but the effect is negligible when considering annually averaged ocean
heat transport.
These past studies have provided fundamental insights into the potential relationship between TCs and cli-
mate, but they are generally limited by relatively coarse ocean grid resolution and a lack of appropriate
ocean-atmosphere coupling for analyzing TC effects in the coupled system. While several studies [e.g.,
Wehner et al., 2014] have investigated the effects of increased atmosphere resolution on TC climatologies,
the sensitivity of the upper-ocean response to ocea grid resolution has not been adequately addressed
within coupled model frameworks. Here we analyze the upper-ocean response to TCs using a high-
resolution configuration of the Community Climate System Model version 3.5 (CCSM 3.5) [Kirtman et al.,
2012], which features an atmosphere model with 0.58 horizontal resolution coupled to an ocean model with
two different horizontal resolutions (18 and 0.18). This model is capable of simulating realistic TC circulations
and cold wakes (Figure 1), as well as TC-induced subsurface thermocline warming [McClean et al., 2011]. We
use the results of the model experiments to analyze TC climatologies, the transient upper-ocean response
Figure 1. (a) Simulated TC circulation using CCSM3.5 with a 0.58 atmosphere model. (b) The corresponding surface temperature anomaly
from the 0.18 eddy-resolving ocean component. The temperature anomaly is estimated as the poststorm minus prestorm temperature
fields.
Journal of Geophysical Research: Oceans 10.1002/2015JC011226
LI ET AL. OCEAN RESPONSE TO TCs IN COUPLED MODEL 587
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generated TC activity. Active air-sea coupling in a coupled modeling framework can influence 
TC-climate connections on interannual to decadal time scales. Therefore, the second research 
question is: 
 2) How does the choice of ocean coupling affect the model-simulated TC activity?   
After answering the second question, we are able to have a comprehensive assessment of the TC 
activity within the coupled model, and the next step is to examine the influence of theses model-
simulated TCs on the global ocean. This leads us to the third scientific question: 
3) What is the impact of the model’s self-generated TCs on the modeled global ocean 
from seasonal to interannual time-scales? 
 
1.3 Thesis Outline 
The rest of the thesis is comprised of three main chapters, each dedicated to one of the 
key scientific questions.  In Chapter 2, we address the first scientific question, for which we 
investigate TCs’ contribution to annual global ocean heat uptake and examine the sensitivity of 
the result to ocean horizontal grid resolution. We conducted a suite of ocean simulations 
featuring the ocean-sea ice configuration of the CESM with three different horizontal ocean grid 
spacings (3˚, 1˚, and 0.1˚).  The ocean simulations are forced with identical atmospheric inputs 
from the COREv2 normal year forcing conditions, featuring global blended TC winds from a 
fully coupled CESM simulation with a 25 km atmosphere. Results from the simulation with each 
resolution are is compared with results from a control simulation with no blended TCs to 
diagnose TCs’ impact.   
Chapter 3 addresses the second scientific question about the effect of coupling on the 
directly-simulated TCs within the high-resolution CESM. We performed a suite of high-
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resolution, multi-decadal, global-scale CESM simulations in which the atmosphere (0.25˚ grid 
spacing) is configured with three different levels of ocean coupling: prescribed climatological 
sea surface temperature, mixed layer ocean, and dynamic ocean. We analyze the simulated TC 
statistics and attribute the differences to the model-simulated large-scale conditions and the 
effect of local air-sea coupling.  
In Chapter 4, we address the third scientific question regarding the impact of the model-
resolved high-resolution TCs on the simulated global ocean. We perform two ocean-only 
simulations using the atmosphere boundary conditions from a fully-coupled high-resolution 
CESM simulation configured with 0.25˚ atmosphere and 1˚ ocean. TC features at the atmosphere 
boundary are filtered out in one of the ocean simulations while fully retained in the other, and we 














CHAPTER 2: TROPICAL CYCLONE-INDUCED UPPER OCEAN RESPONSES AND 
THE EFFECTS OF OCEAN GRID RESOLUTION 
(Published in Journal of Geophysical Research-Oceans, Nov 2016) 
 
Tropical cyclones (TCs) have the potential to influence regional and global climate 
through interactions with the upper ocean. Here we present results from a suite of ocean-only 
model experiments featuring the Community Earth System Model (CESM), in which we analyze 
the effect of tropical cyclone wind forcing on the global ocean using three different horizontal 
ocean grid resolutions (3˚, 1˚, and 0.1˚). The ocean simulations are forced with identical 
atmospheric inputs from the Coordinated Ocean-Ice Reference Experiments version 2 (COREv2) 
normal year forcing conditions, featuring global blended TC winds from a fully coupled CESM 
simulation with a 25 km atmosphere. The simulated TC climatology shows good agreement with 
observational estimates of annual TC statistics, including annual frequency, intensity 
distributions, and geographic distributions. Each ocean simulation is composed of a 5-year spin-
up with COREv2 normal year forcing, followed by 18 months with blended TC winds. In 
addition, we conduct corresponding control simulations for each grid resolution configuration 
without blended TC winds. We find that ocean horizontal and vertical grid resolutions affect TC-
induced heat and momentum fluxes, poststorm cold wake features, and ocean subsurface 
temperature profiles. The responses are amplified for smaller grid spacing. Moreover, analyses 
show that the annually accumulated TC-induced ocean heat uptake is also sensitive to ocean grid 






TCs can potentially influence regional and global climate through interactions with the 
upper ocean. Correct representations of air-sea interactions and ocean dynamics under TCs are 
critical to capturing the TC-induced heat convergence and the associated feedbacks that may be 
fundamentally important in the coupled system. Of particular interest is the effect of ocean 
model resolution on upper ocean’s responses to TC wind forcing.  Ocean model resolution 
largely affects the representation of mesoscale ocean eddies, which are major contributors to 
upper ocean stratification and global ocean heat transport (Griffies	et	al.,	2015). Moreover, 
ocean grid resolution may also affect the near-inertial waves. TC wind forcing  resonate with 
near-inertial oscillations, and the associated near-inertial wave breaking at the base of the mixed 
layer results in turbulent entrainment, which plays a major part in TC-induced ocean vertical 
mixing (Cuypers	et	al.,	2013;	Ginis,	2002;	Jaimes	and	Shay,	2009). The strength of the 
entrainment is determined by the wind power input and the subsequent energy dissipation. It is 
found that the near-inertial wind power input is largely dependent on the spatial resolution of the 
wind drag (Jiang,	2005) as well as the frequency of air-sea coupling (Jochum	et	al.,	2013;	
Rimac	et	al.,	2013).  These small scale oceanic features and their interactions have the potential 
to influence TC-induced mixing processes (Jacob	and	Shay,	2003), cold wake recovery (Li et 
al., 2016), and the resulting ocean heat uptake. Several ocean modeling studies suggest that 
ocean models with eddy-resolving resolution (0.1˚ horizontal grid spacing) could greatly 
improve the simulation of mesoscale eddy activities (Maltrud	and	McClean,	2005;	Smith	et	al.,	
2000) and the associated effect on the global ocean heat budget and transport (Bryan	et	al.,	
2007;	Griffies	et	al.,	2015;	Jayne	and	Marotzke,	2002), contributing to more realistic 
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representations of the boundary currents (Smith et al., 2000; Kirtman et al., 2013) and global 
ocean circulations (Bryan	et	al.,	2007;	McClean	et	al.,	2011;	Smith	et	al.,	2000).  
The aim of this chapter is to investigate the effect of ocean model resolution on the upper 
ocean’s response to TC forcing, with special focus on the TC-induced ocean heat uptake. We 
conducted a suite of high-resolution simulations featuring the ocean-sea ice configuration of the 
CESM model with three different horizontal ocean grid spacings (3˚, 1˚, and 0.1˚).  We diagnose 
the effect of TCs on the upper ocean in each simulation and examine the sensitivity of these 
effects to the horizontal grid spacing.  The rest of the chapter is organized as follows. Section 2.2 
describes the experimental design, including ocean model configurations, atmospheric forcing, 
and quantification of the ocean heat uptake.  In Section 2.3, we present the model results by 
analyzing a single TC case as well as the global average responses. Main conclusions and 
caveats are discussed in Section 2.4.  
 
2.2 Methods 
2. 2. 1 Ocean Model Description  
We use the ocean-sea ice configuration of the CESM model, which features active ocean 
(Parallel Ocean Program version 2 (POP2)) and sea-ice (The Los Alamos Sea Ice Model (CICE)) 
components along with prescribed atmosphere and land conditions. The experiment consists of 
three sets of simulations with three different horizontal grid resolutions: 3˚, 1˚ and 0.1˚.  The 0.1˚ 
model is run on the tripole grid with 42 vertical levels, 23 of which are within the top 1000 m. 
The vertical thickness of each layer increases from 10 m at surface to 250 m at 6000 m depth. 
The 3˚ and 1˚ models are run on the displaced pole grid with 60 vertical levels, with 41 levels in 
the upper 1000 m. The layer thickness of the upper 160 m is kept constant at 10 m, and then 
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gradually increases to 250 m at 5500 m depth. The combinations of horizontal grids and vertical 
layers are default configurations of the POP model.  In all three configurations, horizontal grid 
spacing is the smallest at the equator and decreases toward the poles.  Mesoscale ocean eddies 
can be explicitly represented in the 0.1˚ model, while they are partially resolved in the 1˚ model 
and completely parameterized in the 3˚ model. K-profile parameterization (KPP) is used as the 
vertical mixing scheme.  
The ocean models use identical atmospheric boundary conditions from the Coordinated 
Ocean-Ice Reference Experiments version 2 (COREv2) normal year bulk forcing dataset (Large 
and Yeager, 2009; Griffies et al., 2009) with a horizontal resolution of T62 (approximately 1.87˚ 
at the equator). The COREv2 normal year dataset contains near surface air temperature, 10 m 
wind velocity, humidity, and sea level pressure. The wind field shows no TC signature. The 
atmosphere communicates with the ocean-ice model every 6 hours via the coupler, where 
turbulent fluxes at the air-sea interface are calculated prognostically with respect to the ocean 
grid. Wind stress vectors are interpolated onto the 3˚ and 1˚ ocean using patch interpolation, 
while the 0.1˚ ocean uses bi-linear interpolation.  The patch-based method produces a relatively 
smoother wind stress gradient.  
Several studies (Moon	et	al.,	2007;	Powell	et	al.,	2003) have pointed out that the surface 
drag law (Large and Yeager, 2004) used in CESM tends to overestimate the wind stress for high 
winds. Therefore, we adopt a similar approach as Bueti et al. (2014) that modifies the surface 
drag coefficient using the scheme proposed by Moon et al. (2007), in order to avoid excessive 





2.2.2  TC wind forcing 
TC winds are extracted from a century-scale ultra-high resolution fully coupled CESM 
simulation featuring the 0.25˚ atmosphere and 0.1˚ ocean (Small et al., 2014). This high-
resolution configuration shows improved model performance in various aspects, including 
reduced SST bias in the tropical ocean, improved representations of ENSO, and better resolved 
small scale features in the atmosphere and ocean. Furthermore, using a simple TC tracking 
scheme from Bacmeister et al. (2014), Small et al. (2014) found the model could capture realistic 
TC features on a global scale, though it is likely to underestimate TC activities in the Atlantic 
and east Pacific basin and overestimate TC intensity in the western Pacific.   Nonetheless, the 
model provides a reasonable representation of basin-scale climatologies and intensity 
distributions, as well as 3-dimensional wind circulation structures and symmetry features on a 
global scale that are not readily available from observational data sets. It is for these reasons that 
we choose to use this dataset for constructing the TC wind forcings for the ocean simulations. 
We extract the TC events in the model using a refined TC tracking method adapted from 
Bacmeister et al. (2014) (see Appendix A for details on the tracking procedure). Modeled TC 
characteristics are compared with the best track dataset, which contains observational track 
information from 2003 to 2012 from NOAA’s Storm Prediction Center and the U.S. Navy’s Joint 
Typhoon Warning Center. The related analysis is discussed in Section 2.3.1.  
We create the TC forcing by combining the extracted TC winds from the coupled 
simulation of Small et al. (2014) with the COREv2 normal year forcing boundary conditions. On 
each simulation day, we take a snapshot over a 14˚ domain box centered at the detected storm 
center, and replace the corresponding 10 m wind field of the COREv2 normal year boundary 
with the TC winds. The maximum storm wind over the domain will be preserved during this 
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process. The wind blending method aims to retain the maximum storm intensity and the general 
wind structure, so that the wind stress gradient under TCs can be regained when the atmospheric 
bottom wind is interpolated onto the ocean grid during air-sea coupling. Detailed procedure of 
the interpolation and wind blending is documented in Appendix A. 
Forcing the ocean-ice model with prescribed TC winds from a non-interactive 
atmosphere can lead to biases in surface fluxes.  The TC-induced surface heat and momentum 
fluxes are calculated from bulk formulae (Griffies et al., 2009) in response to the atmosphere and 
ocean states. Compared to fully coupled model simulations (e.g., Li et al., 2016), the non-
interactive atmospheric boundary precludes ocean’s feedbacks to surface air temperature and 
humidity, which can lead to underestimated enthalpy fluxes out of the ocean and overestimated 
ocean warming.  
 
2.2.3 Model setup 
In each of the three simulations, we spin up the model for 5 years under normal year 
conditions and then branch it into two runs -- a 18-month control run that continues under the 
normal year forcing condition, and a 18-month TC-forcing run where we incorporate the blended 
TC winds into the atmospheric inputs. Comparisons between the TC-forcing run and the control 
run allow us to diagnose the effect of TCs on the ocean, and the 5-year spin up enables us to 
address sources of model drift.  For the rest of the chapter, all the anomalies will refer to the 
differences between the TC-forcing run and the corresponding control run for each resolution, 





2.2.4 Definition of Ocean Heat Uptake (OHU) 
We define the TC-induced ocean heat uptake (OHU) at a given time as the volume 
integral of the TC-induced temperature anomalies below the monthly-varying maximum mixed 
layer depth (XMXL): 




Here 𝜌	and C are seawater density (constant at 1020 kg/m3) and heat capacity (constant 
at and 3900 J/(kg ˚C)), respectively. 	∆𝑇 is the ocean temperature difference between the TC-
forcing run and the control run.  HMXL is the monthly average maximum mixed layer depth 
based on the 6 years of control run at each grid point. d is the depth at which ∆𝑇 approximates to 
0. dA is the approximate 1˚ x 1˚ surface area surrounding each grid point. The heat anomalies are 
integrated vertically and then horizontally over the Northern Hemisphere, Southern Hemisphere, 
and global ocean.  OHU is a time-dependent variable, the value of which represents the 
accumulated TC-induced ocean heat anomalies beneath the monthly mixed layer.   
By using the monthly-varying maximum mixed layer depth as the top boundary for OHC 
estimates, we only consider the TC-induced warming reaching into the ocean thermocline. As 
the mixed layer deepens in the winter, a portion of the anomalous heat accumulated during TC 
season may get re-absorbed into the mixed layer and released back to the atmosphere (Jansen et 
al., 2010). Here the definition of OHU emphasizes the seasonal variation of the anomalous heat 
remained within the thermocline. The residual OHU that remains after the winter mixed layer 
adjustment is considered to be a first-order assessment of the integrated contribution of TCs to 





2.3.1 TC wind characteristics 
10 years of accumulated TC tracks detected from the high resolution coupled simulation 
(Small et al., 2014) are shown in the Appendix Figure A.1.  Overall, the modeled TC tracks 
exhibit realistic spatial patterns consistent with observations.  Analysis of the TC number 
climatology (Appendix Figure A.2) shows that the average annual TC number and seasonality 
are captured reasonably well in most of the basins, though biases exist in the north Atlantic, 
which is a problem shared by several earlier coupled modeling studies (Li et al., 2016; Camargo 
et al., 2013). The model also simulates a few unrealistic storms in the southern Atlantic, which is 
likely due to anomalies in SST and vertical wind shear (Li et al., 2016).    
One of the notable improvements of the 0.25˚ atmosphere model is its capability of 
simulating very intense storms up to Category 5. The modeled storm intensity (Appendix Figure 
and A.2, A.3) is overall in agreement with the observational records, but it shows variation in 
different basins: the intensity shifts toward the higher end in the northwestern Pacific and Indian 
Ocean, compared to the other basins.  
We use TC events from 18 months of the coupled model output to construct the 
atmosphere inputs to the ocean model. The TC tracks and intensity of the chosen months are 
shown in Figure 2.1, and the corresponding Power Dissipation Index (PDI), which is an indicator 
of the integrated TC strength concerning TC wind speed and duration (Emanuel,	2005), is 
shown in Figure 2.2.  The global annual PDI in the model is 80% of the average annual PDI from 
observations during 2003-2012, the discrepancy of which is mainly due to biases in the north 





Figure 2.1 TC tracks for the 18-month TC-run. 
 
Figure 2.2 Annual Power Dissipation Index (PDI) of the simulated TCs (blue) and  the 
observational records (red) in each of the TC basins. Global annual PDI is 2.39 in 























2.3.2 Analysis of a single TC event 
We first examine the ocean’s typical response to a TC in the model using a case study, in 
which we focus on a Category 5 storm occurring around Oct 12th (of the model year with TCs) in 
the northwestern Pacific. Figure 2.3 (a-c) shows the surface wind stress in the 3˚, 1˚ and 0.1˚ 
ocean models in response to the wind forcing of a TC day, whose 10 m wind field on the original 
0.25˚ grid is shown in the top panel of Figure 2.3. Even though the ocean models are forced with 
identical TC winds, the circulation pattern and the magnitude of surface wind stress are different. 
The differences are mainly due to the effect of interpolation between the atmospheric boundary 
and the ocean model. Only the 0.1˚ model is capable of correctly capturing the magnitude of the 
surface drag induced by TC winds, while the 3˚ and 1˚ models tend to underestimate the TC 
strength. This suggests that TC-induced momentum fluxes into the ocean and the resulting TC-




Figure 2.3. A TC day from the coupled simulation Small et al. (2014) (top) and the 
corresponding wind stress received in (a) 3 ̊, (b) 1 ̊, and (c) 0.1 ̊ ocean models.   
 
Figure 2.4 shows the time series of the SST anomalies following the TC day when the 
maximum 10 m wind speed peaks at 65 m/s, and the storm is moving northward at a speed of 
6m/s.  Here the SST anomalies are averaged over a 6˚x6˚ domain box.  While the three ocean 
models share similarities in the temporal evolution of the SST cooling, the magnitude of the 
maximum cooling and the restoration time scale depend on the horizontal grid resolution.  The 
most pronounced cooling occurring in the 0.1˚ model is 30% colder than the 1˚ model and twice 
as much as that in the 3˚ model.  The 0.1˚ model also shows more variability in the recovery 




Figure 2.4 Time series of the SST anomalies following a TC day.  SST anomalies are 
averaged over a 6˚x6˚ domain box surrounding the TC center. The red, blue and black 
curves represent the 3˚, 1˚ and 0.1˚ ocean models.  
 
Figure 2.5 depicts changes in the vertical ocean temperature profile over time.  The 
temperature anomalies are averaged over a 10˚x10˚ domain box around the storm center on the 
day of peak intensity. The higher resolution model produces more intense thermocline warming 
than the lower resolution model cases.  In particular, the 0.1˚ model generates the strongest 
warming, which extends over a greater depth and persists for longer time than its lower 
resolution counterparts.  Note that the greater vertical extent of the warm anomalies in the 0.1˚ 
model may be partly attributed to the coarser vertical resolution. Moreover, some heat re-enters 
the mixed layer after about 120 days in the 0.1˚ model, which is likely owing to the effect of 



















propagation is potentially linked to mesoscale eddies, which play an important role of upward 
heat advection in the upper ocean (Gregory,	2000;	Wolfe	et	al.,	2008). The phenomenon is 
captured only in the 0.1˚ model, whereas it is absent in the 3˚ and 1˚ models. This disparity of 
eddy-induced vertical heat transport among models is consistent with the findings of Griffies et 
al. (2014), who have shown that eddy-induced upward ocean heat fluxes are stronger in ocean 
models with eddy-resolving resolution.  
 
Figure 2.5 Time series of anomalous ocean subsurface temperature following the TC 
event in (a) 3˚, (b) 1˚ and (c) 0.1˚ ocean models. Temperature anomalies are averaged 
over a 10˚x10˚ domain box centered at the TC center.  
 
2.3.3 Global and Hemispheric Responses 
The time series of the composite SST anomalies for all storms in each TC basins are 
shown in Figure 2.6.  For each storm day, SST anomalies are averaged over a 6˚x6˚ domain box 
surrounding the storm center. We analyze SST responses for storm days with weak intensity 
(Category 1-2) and medium to high intensity (Category 3-5). The temporal evolution of the SST 
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cooling is consistent among all three models, and the magnitude of cooling is within the range of 
observation-based estimates (D’Asaro et al., 2007, 2011; Cheng et al., 2015) and other modeling 
studies (Vincent et al., 2012; Li et al., 2016; Julien et al., 2012).  The anomalous cooling before 
the storm arrival (Day 0 in Figure 2.6) is likely due to the cold wakes left by the earlier storms. 
Results show that the higher resolution ocean model generates stronger surface cooling 
regardless of the storm intensity. The 0.1˚ model generally experiences enhanced SST variability 
due to the effect of mesoscale eddy activity. 
In order to diagnose TCs’ modulation on the subsurface ocean, we analyze the vertical 
profile of the Northern Hemisphere average ocean temperature anomalies on May 1st, Oct 31st, 
and Dec 31st , corresponding to the time before, during, and after the Northern Hemisphere peak 
TC season (Figure 2.7). All three models show pronounced responses to TC forcing.  At the end 
of October, TC-induced vertical mixing largely alters the upper ocean temperature distribution, 
causing cooling in the upper 50 m, and warming down to about 300 m.  The depth of the 
maximum warming in the 3˚ model is shallower than in the 1˚ and 0.1˚ model, and the magnitude 
of warming is smaller.  On Dec 31st , the temperature anomalies are attenuated by the 
adjustments of surface heat fluxes and ocean seasonal variation, and the depth of maximum 




Figure 2.6  Composite time series of SST anomalies following Category 1 & 2 storms (a, 
b, c) and Category 3, 4 & 5 storms (d, e, f) in the (a,d) 3˚,  (b, e) 1˚, and (c, f) 0.1˚ ocean 
models. The thick black lines represent the global average, and each colored dashed line 
represents one of the TC basins. Day 0 indicates the day of storm occurrence.  
 
 
Figure 2.7 Vertical profile of Northern Hemisphere average potential temperature 
anomalies (Unit: ˚C) on  May 1st (left),  Oct 31st (middle) and Dec 31st (right) in the  0.1˚ 
(black), 1˚ (blue) and 3˚ (red) ocean model cases. The horizontal dashed lines represent 
the Northern Hemisphere monthly average maximum mixed layer depth of the 
corresponding month.  
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Figure 2.8 shows the ocean temperature anomalies at 65 m depth (70 m for the 0.1˚ 
model due to differences in model layers) on Oct 31st and Mar 31st, illustrating the spatial 
patterns of mixing-induced maximum warming during the Northern and Southern Hemisphere 
peak TC season, respectively.  As expected, the warming pattern generally follows the 
distribution of TC tracks in each hemisphere. Note that the eastern equatorial Pacific and 
equatorial Indian Ocean experience cooling in their respective TC season. The cooling is likely 
due to the strong upwelling by TC-induced Ekman pumping (Jullien et al., 2012), combined with 
a relatively shallow thermocline depth and strong stratification within these areas.  Another 
noticeable feature is the chaotic responses in the 0.1˚ model, especially in regions characterized 




Figure 2.8 Temperature anomalies at 65 m depth on (upper panels) October 31st and 
(lower panels) March 31st in the (a, d) 3˚, (b, e) 1˚, and (c, f) 0.1˚ ocean models.   
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TCs’ remote influences on tropical ocean are examined in Figure 2.9. Sriver	et	al.	(2013) 
found that TCs are capable of initializing equatorial Kelvin and Yanai waves in a coarse 
resolution ocean general circulation model with amplified TC wind forcing, which lead to 
eastward heat transport and contribute to El Nino-like zonal temperature structures. Figure 3.9 
shows the changes of ocean temperature anomalies in the equatorial Pacific (10˚S-10˚N, 150˚E - 
270˚E) on Feb 27th, Mar 15th and Apr 1st, describing an example of the eastward propagation of 
the TC-induced heat anomalies on timescales consistent with an equatorial Kelvin wave. The 
initial warm anomalies (Figure 2.9 (a, d, g)) are excited by a TC event near the equatorial 
northwestern Pacific lasting from Feb 14 to Feb 27 (see Appendix Figure A.4). The initial 
warming is stronger and persists longer in the 1˚ and 0.1˚ models than in the 3˚ model.  All 
model cases show eastward zonal heat advection that is likely caused by excitation of non-linear 
tropical waves (e.g. Kelvin and mixed Rossby-Gravity (Yanai) waves). The translation speed of 
the anomalous heat is consistent among models, suggesting that all three models are able to 
capture the principal dynamics of equatorial waves.  The anomalous heat is more zonally 
dispersive as it moves eastward in the higher resolution cases, indicating the effects of small 




Figure 2.9. Depth-longitude cross sections of ocean potential temperature anomalies in 
the equatorial Pacific region (10˚S-10˚N, 150˚E - 270˚E). From left to right, the panel 
columns represent results from 3˚ (a, d, g), 1˚ (b, e, h), and 0.1˚ (c, f, i) ocean models. 
From top to bottom, the panel rows show results on Feb 27th, Mar 15th and Apr 1st model 
day. Solid contours represent monthly mean ocean potential temperature in March in 
each model.  
 
 
2.3.4 TC-induced ocean heat uptake (OHU) 
As described in Section 2.2.4, we define TC-induced OHU as the net heat gain beneath 
the monthly-varying maximum mixed layer depth, representing the anomalous heat below the 
mixed layer at any given time.  We choose to integrate the temperature anomalies from the 
MHXL to 300 m, where most of the warming takes place (Figure 2.7). We also integrate the 
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temperature anomalies down to approximately 1000 m to account for any residual heating of the 
deeper ocean. Since the timing of TC season is out of phase in the Northern and Southern 
Hemisphere, it is difficult to discern the seasonal variation of TC-induced OHU and ocean’s 
long-term adjustment on a global scale. Therefore, we first analyze OHU variation separately for 
each hemisphere, then combine the two to examine the total effect from a global perspective.  
Figure 2.10 shows the time series of TC-induced OHU in the (Figure 2.10 (a, b)) 
Northern Hemisphere, (Figure 2.10 (c, d)) Southern Hemisphere, and (Figure 2.10 (e, f)) global 
ocean over the 18-month simulation.  The time series are smoothed by a 30-day running average.  
In the Northern Hemisphere (Figure 2.10 (a, b)), OHU increases substantially as TC activity 
reaches to the peak around September to October, and the magnitude of the maximum OHU is 
larger with finer model resolution. OHU then quickly drops by nearly 50% at the end of the TC 
season (December) due to post-storm ocean restratification and winter time mixed layer 
deepening.  OHU then slowly increases during the non-TC season (December - April). These 




Figure 2.10. Time series of the accumulated TC-induced OHU in the (a, b) Northern 
Hemisphere, (c, d) Southern Hemisphere and (e, f) global ocean.  OHU is calculated 
within the (a, c, e) upper 300 m depth and (b, d, f) 1000 m depth. The vertical dashed 
lines denote the end of the TC season in each hemisphere. The time series are smoothed 
using a 30-day running average. Black, red, and blue curves represent 3˚, 1˚ and 0.1˚ 





To further examine the evolution of the anomalous heat, we show in Figure 2.11 (a, b, c) 
the temporal changes of the Northern Hemisphere average vertical ocean temperature anomalies 
from October to the following April.  Comparison between Figure 2.11 (a, b, c) and Figure 2.10 
(a, b) reveals several important features. Firstly, the anomalous heat disperses downward as the 
mixed layer deepens in winter. Secondly, as expected, part of the heat is re-absorbed by the 
expanding mixed layer, resulting in the reduced OHU within the thermocline. Thirdly, the heat 
that returns to the mixed layer does not necessarily get lost from the ocean.  It remains at about 
100 m depth and re-enters the thermocline when the seasonal mixed layer rises back toward the 
surface, which explains the slow increase of OHU during the non-TC season in Figure 2.10.  
Similarly, in the Southern Hemisphere, changes of OHU follow the seasonal cycle of TC 
activities (Figure 2.10 (c, d)).  OHU peaks when the TCs are most active (January to February), 
and declines over the austral winter. Overall, the magnitude of OHU is larger in the higher 
resolution model. The 0.1˚ model shows more variabilities than the 1˚ and 3˚ models.  In this 
simulation, TCs do not seem to have a long-lasting warming effect on the Southern Hemisphere 
thermocline, as the anomalous heat reduces to 0 after the TC season. The 3˚ and 1˚ model even 
has negative OHU values in the austral winter.   
Two reasons may be responsible for the negative values of OHU: 1) the northward heat 
transport across the equator, and 2) the unbalanced upwelling near the land boundaries in the 
Southern Indian ocean. Figure 2.11 (d, e, f) shows the changes of the anomalous vertical 
temperature distribution over time in the Southern Hemisphere.  The figure reveals that a 
persistent cooling below the thermocline warming that acts to compensate the OHU.  This deep 
cooling is also found in other observation-based and modeling studies (Cheng et al., 2016; 
Jullien et al., 2012). The cooling occurs mainly in the Southern Indian ocean near the 
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Seychelles-Chagos thermocline ridge (5˚S-15˚S) (see Appendix Figure A.4-A.5), where the 
shallow thermocline permits efficient vertical mixing and strong upwelling of cold water by TC-
induced Ekman pumping. Near the basin boundaries, the effect of upwelling may not be totally 
neutralized by the peripheral downwelling due to the no-flux boundary conditions in the model 
(Jullien et al., 2012).  
 
Figure 2.11. Time series of the (a, b, c) Northern Hemisphere and (d, e, f) Southern 
Hemisphere average ocean temperature anomalies in (a, d) 3˚, (b, e) 1˚ and (c, f) 0.1˚ 
ocean models. The Northern Hemisphere anomalies are shown from October to the 
following April, while the Southern Hemisphere anomalies are shown from January to 
August. The dashed line represents the monthly average mixed layer depth from the 6-





Overall, the temporal evolution of OHU is consistent among models in both hemispheres, 
but the magnitude differs. TCs’ effect on the ocean is most significant in the 0.1˚ model. The 
difference between the 0.1˚ and 1˚ model is reduced when OHU is integrated over the upper 
1000 m (Figure 2.10 (b, d, f)) compared to the upper 300 m (Figure 2.10 (a, c, e)).  This 
reduction may be owing to differences in vertical distribution of the heat anomalies, but it may 
also be due to the different vertical resolution between the two models, especially below 300 m.   
Table 2.1 summarizes the values of the maximum OHU at the peak of the TC season, as 
well as the residual OHU 6 months after the peak. When integrated over the 1000 m depth, the 
Northern Hemisphere residual OHU at the end of April is 4.47e+21 J in the 0.1˚ model, which is 
15% larger than in the 1˚ model and 48% larger than the 3˚ model.  Towards the end of the 18-
month simulation (Jun 1st of the second year), when the Northern Hemisphere has completed a 
full TC annual cycle, and the Southern Hemisphere ocean has largely adjusted to TC forcings 
(Figure 3.10 (e, f)), the global total OHU is 4.4e+21 J in the 0.1˚ model and 3.2e+21 J in the 1˚ 
model.  The magnitudes of OHU are within the range of several previous observational and 
modeling studies (Mei et al., 2013; Bueti et al., 2014; Jansen et al., 2010). 
 
	 3˚	 1˚	 0.1˚	
300m	 1000m	 300m	 1000m	 300m	 1000m	
	
NH	
peak	(Oct)	 2.58	 3.75	 3.7	 4.8	 4.55	 5.3	
residual	(Apr)		 1.48	 3.02	 2.04	 3.87	 2.36	 4.47	
	
SH	
peak	(Feb)	 0.04	 0.0	 1.1	 1.23	 2.07	 2.18	
residual	(Aug)		 -1.26	 -1.25	 -0.71	 -0.59	 -0.17	 -0.5	
 
Table 2.1. Ocean heat uptake in the Northern Hemisphere and Southern Hemisphere at 
the peak TC season and 6 months after. OHU is integrated over the 300 m and 1000 m 




2.4. Discussion and Conclusions 
The effects of ocean model horizontal resolution on TC-induced ocean responses are 
investigated in this chapter.  We diagnosed TCs’ effect on the upper ocean by comparing the 
results from ocean-only model simulations featuring three different horizontal grid resolutions 
(3˚, 1˚ and 0.1˚).  We find that the modeled responses are sensitive to ocean grid resolution. The 
eddy-resolving 0.1˚ ocean model demonstrates several advantages over the 3˚ and 1˚ models. 
The 0.1˚ model shows the most pronounced anomalous ocean temperature signature, and also 
better captures important dynamic processes such as mixed layer deepening, eddy-induced 
vertical heat advection, and the zonal heat transport by equatorial waves.  The improved 
performance of the 0.1˚ model may be attributed to the following factors: 1) Details of the 
atmospheric circulations are better preserved when interpolated onto finer ocean grids, so the 
higher resolution model captures more intense winds and frontal structures, which largely 
determines the total energy input and near-inertial wave activities that are important for ocean 
vertical mixing and the subsequent changes in temperature and ocean heat distributions. 2) 
Effects of the small-scale features such as mesoscale eddies and near-inertial waves are better 
represented in the 0.1˚ model. These fine scale features could largely affect vertical mixing and 
heat transports. 
A key finding of this study is that TCs could significantly contribute to global ocean heat 
and energy budgets, and the magnitude of which depends on ocean grid resolution.  The 0.1˚ 
model produces the most significant annual ocean heat uptake, amounting to 4.4e+21 J, or 0.139 
PW in terms of annual heating rate. The magnitude of OHU in the 0.1˚ model is 37% larger than 
the 1˚ model, suggesting that enhanced ocean model resolution with resolved mesoscale eddies 
can greatly improve the representations of TCs’ heating effect on global ocean. Note that this 
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estimate of OHU is induced by model-generated TC events from the simulation of Small et al. 
(2014), which are less active in the north Atlantic and east Pacific basins compared to 
observations. Therefore, the accumulated OHU on the global ocean is likely to increase were it 
forced by observational TC statistics. Assuming a simple linear scaling relationship between 
OHU and PDI (Sriver et al., 2008), and given that the global power dissipation of TCs in the 
model is roughly 80% of the observational estimates (Figure 2), the global OHU with realistic 
TC statistics can be 5.4e+21 J in the 0.1˚ model and 4e+21 J in the 1˚ model. The scaled OHU 
from the 1˚ model is the same with the estimates of Bueti et al. (2014), in which the 0.25˚ 
resolution Modular Ocean Model (MOM) is forced with observation-based TC winds from the 
2004/05 TC season.  
Moreover, we found in the model that the seasonal variation of mixed layer depth can 
modulate the TC-induced heat uptake within the thermocline. The portion of the anomalous heat 
that gets re-absorbed by the deepening winter mixed layer is not completely lost to the 
atmosphere. Future research will further investigate this process in a coupled modeling 
framework.  
This modeling study is subject to several important limitations. Firstly, the analyses are 
based on 18-month ocean simulations, so the accumulation and transport of the TC-induced heat 
anomalies on the interannual to decadal time scale, which are likely to be affected by resolved 
ocean eddies, are beyond the scope of this study.  Secondly, we run the ocean model under the 
CESM normal year forcing configuration, which uses T62 as the default atmosphere resolution. 
Although we interpolate the TC winds on the T62 atmosphere grid (see Appendix A) to preserve 
maximum TC wind speed and circulations, the low resolution atmosphere resolution would 
inevitably miss the small scale frontal structures within the TC winds, which may lead to 
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underestimated near-inertial energy input into the ocean.  Moreover, the 6-hourly coupling 
frequency and daily ocean model output frequency does not allow a comprehensive analysis of 
near-inertial energy input and wave activities. A more detailed investigation will be carried out 
in the future work. Thirdly, the pursuit for enhanced horizontal resolution may come at the 
expense of reduced vertical resolution, as we see here in the POP model default configurations. 
Although the vertical resolution in the 0.1˚ model is generally consistent with the 3˚ and 1˚ 
model in the upper 150 m, it is much coarser at deeper levels. Differences in vertical resolution 
may partly explain the larger vertical extension of the temperature anomalies near the deep 

















CHAPTER 3: TROPICAL CYCLONE ACTIVITY IN THE HIGH-RESOLUTION 
COMMUNITY EARTH SYSTEM MODEL AND THE IMPACT OF OCEAN 
COUPLING  
(Published in Journal of Advances in Modeling Earth Systems, Dec 2017) 
 
High resolution Atmosphere General Circulation Models (AGCMs) are capable of 
directly simulating realistic TC statistics, providing a promising approach for TC-climate studies. 
Active air-sea coupling in a coupled model framework is essential to capturing TC-ocean 
interactions, which can influence TC-climate connections on interannual to decadal time scales. 
Here we investigate how the choices of ocean coupling can affect the directly simulated TCs 
using high resolution configurations of the Community Earth System Model (CESM). We 
performed a suite of high resolution, multi-decadal, global scale CESM simulations in which the 
atmosphere (~0.25˚ grid spacing) is configured with three different levels of ocean coupling: 
prescribed climatological sea surface temperature (SST), mixed layer ocean, and dynamic ocean. 
We find that different levels of ocean coupling can influence simulated TC characteristics, 
including TC number, intensity, and geographic distributions. In addition, storm intensification 
and the maximum wind speed are sensitive to the representations of local surface flux feedbacks 
in different coupling configurations. Key differences in storm number and distribution can be 
attributed to variations in the modeled large-scale climate mean state and variability that arise 
from the combined effect of intrinsic model biases and air-sea interactions. Results help to 
improve our understanding about the representation of TCs in high resolution coupled Earth 





TCs are among the world’s deadliest natural hazards. How TC activity will vary with the 
changing climate is a topic of great interest.  Research over the past decades have shown that 
Atmosphere General Circulation Models (AGCMs) are capable of generating TC-like vortices 
(Bengtsson et al., 1982; Camargo et al., 2005; Manabe et al., 1970), and the representation 
generally improves with increasing horizontal resolution (Bacmeister et al., 2013; Manganello	et	
al.,	2012;	Roberts	et	al.,	2014;	Wehner et al., 2014). The current generation of high resolution 
(50 km and higher) AGCMs have been shown to capture realistic global TC activity and can 
resolve the most intense Category 5 TCs (Bacmeister et al., 2013; Bacmester et al., 2016; Small 
et al., 2014; Walsh et al., 2013).  
Correct representation of air-sea interactions under TCs can also be important for 
simulating realistic storm intensities and track durations. Storm-induced cold wakes can inhibit 
storm intensification through the “negative SST feedback” (Schade and Emanuel, 1999), which 
depends on the background ocean vertical temperature structure (Vincent et al., 2012), storm 
size, intensity and translation speed (Lin et al., 2009; Mei et al., 2012; Lloyd et al., 2011; Lloyd 
and Vecchi, 2011). This feedback mechanism is particularly important for limiting the most 
intense events (Jullien et al., 2014; Zarzycki, 2016). AGCMs with fixed SSTs do not capture 
these ocean feedbacks, potentially leading to over-intensified TCs (Bacmeister et al., 2013; 
Wehner et al., 2014). Ocean-atmosphere coupling is also important for analyzing TC-induced 
feedbacks that can influence climate variability. An increasing number of studies have found TC-
induced ocean vertical mixing can lead to ocean heat uptake and transport (Bueti et al., 2014; 
Cheng et al., 2015; Emanuel, 2001; Jansen et al., 2010; Jullien et al., 2014; Li and Sriver, 2016; 
Sriver and Huber, 2007),  potentially influencing global SST patterns and affecting large-scale 
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circulations in the ocean and the atmosphere (Fedorov et al., 2010; Sriver and Huber, 2010).  
These potential feedbacks can affect climate mean-state and variability on seasonal to 
interannual time scales.  Improving the representation of these processes can enable a better 
understanding about the physical mechanisms influencing past and potential future climate 
changes (Fedorov et al., 2010; Sriver et al., 2010).  
Using a fully-coupled climate model to study global TC-climate connections poses 
unique challenges. The ocean model component can introduce regional SST biases that may 
subsequently get amplified or diminished through air-sea feedbacks.  For example, a common 
problem within coupled models is a SST bias in the eastern tropical Atlantic (Song et al., 2015; 
Wang et al., 2014; Zuidema et al., 2016). These regional variations can lead to uncertainties and 
biases in simulated TC activity (Bell et al., 2013; Kim et al., 2014; Li et al., 2016).  
This study assesses TC activity in different configurations of the high-resolution 
Community Earth System Model (CESM), using a sensitivity experiment with a steady-state 
climate and varying levels of ocean coupling.  We perform three multi-decadal, high resolution 
CESM simulations in which the atmosphere model is configured with three different levels of 
ocean coupling: 1) prescribed monthly-varying SST based on the observed pre-industrial SST 
climatology; 2) a single-layer mixed layer ocean model that allows enthalpy flux exchanges 
between the atmosphere and the ocean mixed layer but does not account for ocean dynamics; and 
3) an ocean general circulation model with full dynamics (see Section 3.2). The models are 
configured with increased air-sea coupling frequency, modified surface drag law, and high-
frequency of history file output, in order to focus on TC-ocean interactions.  In this chapter, we 
highlight inter-model differences and explore connections with differences in large-scale climate 
properties as well as local air-sea effects. 
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The chapter is structured as follows. Section 3.2 outlines the model configurations, 
experiment design, and observational data. Section 3.3 presents the modeled climatology and 
patterns of the large-scale tropical circulations. Section 3.4 summarizes the model simulated TC 
statistics, including TC spatial distribution, annual number, seasonality and intensity distribution. 
The impact of ocean coupling on the simulated TCs is discussed in Section 3.5, in which we first 
analyze the influence of the modeled climate conditions to TC distribution, and then investigate 
the effect of local air-sea coupling on the simulated TC intensity and intensification rate using 
composite analysis.  Section 3.6 summarizes the main conclusions and implications.  
 
3.2 Model Configurations, Experiment Design and Observational Data 
3.2.1 Model Description 
The model used in this study is the CESM1.2.2. The atmosphere component is the 
Community Atmosphere Model (CAM5.3) (Neale et al., 2013) with the spectral element (SE) 
dynamic core. CAM5 has improved microphysics and cloud properties compared to CAM4 
(Meehl et al., 2013), and the prognostic modal aerosol package is activated in the current 
experiments.  The SE version of the CAM model has a higher scalability than the finite volume 
(FV) version, making it suitable for high resolution implementation on parallel computing 
clusters. The atmosphere is configured with 0.25˚ (~25 km) horizontal resolution and the 
standard 30 vertical layers. The land model is the Community Land Model version 4 (CLM4) 
(Lawrence et al., 2012) and uses the same grid resolution as the atmosphere.  
The dynamic ocean component of CESM is the Parallel Ocean Program version 2 (POP2) 
(Smith et al., 2010), and the ice component is the Los Alamos Sea Ice Model (CICE). POP2 
solves the three-dimensional primitive equations with the Boussinesq and hydrostatic 
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approximations. The K-Profile Parameterization (KPP) (Large et al., 1994) is used as the vertical 
mixing scheme, and the Gent-McWilliams (GM) parameterization (Gent and McWilliams, 1990) 
is used to approximate mesoscale eddy mixing. We use the nominal 1˚ horizontal resolution on 
the displaced pole grid, which has a uniform zonal grid spacing of 1.125˚ and a varying 
meridional grid spacing that increases from 0.27˚ at the equator to a  maximum grid spacing is 
0.64˚ (northwestern Pacific) (Danabasoglu et al., 2006). The model has 62 vertical levels, with 
layer thickness increasing from 10 m at the near-surface to 250 m at 6000 m depth. We chose to 
use the 1˚ ocean model for this study based on computational cost. Using a higher resolution 
(e.g. 0.1˚) ocean model in a fully-coupled framework would require extensive model calibration 
and testing to achieve a steady climate state, which is beyond the scope of this study.  In 
addition, Li and Sriver (2016) examined the sensitivity of TC-ocean interactions to ocean model 
horizontal resolution (3˚, 1˚ and 0.1˚) in the POP ocean model. That study found that while the 
higher resolution eddy-resolving 0.1˚ ocean simulates the air-sea interactions under TCs with 
more detail, the nominal 1˚ ocean model generally captures both local effects (e.g. surface 
cooling along tracks) and basin-scale quantities (e.g. contribution to ocean tropical ocean heat 
convergence). The 1˚ ocean is commonly used in the current generation of Earth system models, 
which enables easier comparison with results from recent multi-model experiments such as the 
Coupled Model Inter-Comparison Phase 5 (CMIP5). 
For the mixed layer model experiment, we use the CESM Slab Ocean Model (SOM) (Bitz 
et al., 2012). SOM represents a static and well-mixed upper ocean with heat storage capacity. It 
calculates SST prognostically at each grid point based on air-sea flux exchange without 





= Fnet +Qflx  
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where  and  are the density and heat capacity of sea water, is the climatological mixed 
layer depth, is the net surface heat flux, and is the prescribed local ocean heat changes 
resulting from ocean heat transport.  Starting from CCSM4 (pre-version of CESM), in SOM 
is obtained from fully coupled CESM simulation instead of observations, in order to mimic the 
behavior of the full dynamic ocean model (Bitz et al., 2012). The used in the current 
experiment is obtained from the scientifically validated fully-coupled simulation from CESM 
input repository.  
The slab ocean model is designed as a computationally inexpensive alternative to the full 
dynamic ocean. Under TC conditions, it allows SST to respond to TC winds through simple 
thermodynamics at the ocean surface (e.g. evaporative cooling), but it does not capture the 
dynamic processes of ocean vertical mixing and thermocline entrainment, which is the primary 
mechanism of TC-induced sea surface cooling for intense TCs (D’Asaro et al., 2007; Price, 
1981; Vincent et al., 2012). Therefore, the slab ocean represents an intermediate step between the 
atmosphere-only and the fully coupled experiment, which captures the thermodynamic ocean-
atmosphere interactions but not the ocean’s dynamic response to the TC wind forcing. 
 
3.2.2 Experiment Design 
We perform three simulations with varying levels of coupling: 1) uncoupled atmosphere-
only simulation (ATM) forced with pre-industrial monthly-varying climatological (1870-1900) 
SST, 2) atmosphere coupled to slab ocean (SLAB), and 3) fully coupled with dynamic ocean 
(CPL).  Each simulation is run for 30 years under the pre-industrial climate conditions and with 
active carbon-nitrogen cycle. We ask: 1) What is the climate mean state and large-scale 







How do the differences of the climate conditions among these coupling configurations affect the 
simulated TC activity? 
The dynamic ocean in CPL is initialized with the Polar Science Center Hydrographic 
Climatology (PHC) (Steele et al., 2001), which combines the World Ocean Atlas (Antonov et al., 
1998) and the regional Arctic Ocean Atlas.  To obtain a relatively stable climate, we perform 
atmospheric model tuning with parameters obtained from the National Center for Atmospheric 
Research (NCAR) (Jim Edwards, personal communication). The model is shown to produce a 
steady top of the Atmosphere (TOA) net fluxes and global average SST (Appendix Figure B.1) 
for the 30-year period considered in this study. More details are documented in Appendix B.  
The atmosphere and ocean interact with each other via the coupler. A recent study by 
Scoccimarro et al. (2017) points out that coupling frequency can influence the modeled negative 
SST feedback by affecting the alignment between TCs and the SST cold wakes. In the current 
simulations, the atmosphere and the slab ocean communicate with the coupler every 15 minutes, 
and we increase the coupling frequency of the dynamic ocean from daily (default) to every 2 
hours to achieve a more appropriate air-sea coupling frequency for analyzing TCs.  
In addition, we modify the surface drag scheme to simulate a more realistic ocean 
response to mechanical wind forcing.  Wind stress in the model is calculated via the bulk 
formulae (Large and Yeager, 2004) that depends on near surface wind speed and the drag 
coefficient Cd.  Cd is derived from observational measurements under normal wind conditions 
and is valid for wind speed below 21 m/s. Though the scheme works well for standard climate 
simulations, biases emerge when model resolution is high enough to resolve TC winds.  Studies 
(Li et al., 2016; Moon et al., 2007; Powell et al., 2003) show that the default Cd in CESM tends 
to overestimate surface wind stress within TC wind regimes, leading to overestimated 
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momentum input on the ocean.  Therefore, we adjust the drag law in the model using the scheme 
proposed by Moon et al. (2007) to achieve a more realistic TC-ocean interaction. Similar 
corrections have been used in several TC-ocean studies, including Li and Sriver, (2016) and 
Bueti et al. (2014).  
The simulations were conducted on the Blue Waters Petascale Supercomputer at the 
National Center for Supercomputing Applications (NCSA). Blue Waters is a Cray XE6/XK7 
system with AMD interlagos processors. The total computational cost of the simulations is about 
650,000 node hours (or ~20 million core hours) with an average throughput of 0.7 simulated 
years per day. The simulations produce a total of 36 TB (after compression) of output files.  
TC detection and tracking is based on a modified version of the tracking scheme in 
Bacmeister et al., (2013) (see Appendix A). The algorithm utilizes 6-hourly output of sea level 
pressure and atmosphere bottom wind. As an additional filter of non-TC vortices, we added a 
layer of restriction by setting the 850 hPa vorticity threshold to 1e-3 s-1. We found that the 
tracking result is insensitive to this restriction.  
 
3.2.3 Observational Data 
Modeling results of the climate conditions and TC statistics are compared with 
observations, in order to assess to first-order general behavior of TC activity within the model. 
Note the models are conducted for a steady pre-industrial control climate, while the 
observational records are from the last three decades. Given the differences in forcings and 
climate conditions between observational and modeled time periods, we use model-data 
differences primarily to guide our interpretations about the physical processes influencing TC 
activity in CESM. 
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30 years (1985 - 2014) of observational TC records are obtained from the best track data 
set that combines NOAA’s Storm Prediction Center and the U.S. Navy’s Joint Typhoon Warning 
Center.  We analyze the observed 6-hourly track location and maximum wind speed and 
compare the results with the modeled TC statistics. The observational SST climatology is from 
the Optimum Interpolation Sea Surface Temperature (OISST) (Banzon et al., 2016; Reynolds et 
al., 2007).  We also use 10 years (2003-2012) of TMI and AMSR-E microwave observational 
SST to analyze TC-induced surface cold wakes, which is more accurate on TC time scales and 
under TC conditions.  The average atmospheric wind data and vertical pressure velocity are from 
Modern-Era Retrospective analysis for Research and Applications, version 2 (MERRA-2), with a 
horizontal resolution of 0.25˚ (Gelaro et al., 2007). Precipitation rate is obtained from 15 years 
(1998-2013) of Tropical Rainfall Measurement Mission (TRMM) multi-satellite precipitation 
analysis. The daily 850 hPa meridional wind field is from 30 years (1985-2014) of ERA-interim 
reanalysis from European Center for Medium-Range Weather Forecasts (ECMWF) with a 
horizontal grid spacing of ~80 km. 
 
3.3 Modeled Climatology 
The modeled long-term mean climatology is derived from the 30 years of each of the 
model outputs. We analyze the simulated climatological SST, precipitation rate, tropical 
convection, as well as the large-scale tropical meridional (Hadley Circulation) and zonal (Walker 
Circulation) atmospheric circulation patterns. Modeled results are also compared with 
observational climatology. Note that the observational climatology is derived from the post-1850 
period, which is chosen to be consistent with the observational TC best-track record. Since the 
observations and the models are from different time periods, our analysis focuses mainly on the 
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inter-model differences and sensitivities, and we use the observational climatology as a 
reference. 
 
3.3.1 SST and precipitation 
The simulated SST pattern in CPL and SLAB is generally consistent with the 
observational estimates (Appendix Figure B.2). The global average SST in the two coupled 
models is about 1 degree lower compared with the pre-industrial SST prescribed in ATM (Figure 
3.1). Both CPL and SLAB show warmer SST over the Indian-Pacific warm pool and colder SST 
in the mid-latitudes (Figure 3.1 (a, b)). SST in SLAB exhibits larger deviations from the 
observations than CPL, mainly in the central to eastern Pacific and tropical Atlantic (Figure 3.1 
(b, c)). The warm anomalies also appear to be carried along the coasts by the ocean gyres due to 




Figure 3.1 SST differences between (a) CPL and ATM, (b) SLAB and ATM, (c) SLAB and 
CPL. Model differences in global mean temperature are shown at the upper right corner.  
 
Figure 3.2 shows the seasonal mean precipitation rate during boreal summer (May to 
October, Figure 3.2 left panels) and winter (December to April, Figure 3.2 right panels) in the 
models and observations. The patterns of the precipitation rate in SLAB and CPL are generally 
consistent with the patterns of the anomalous tropical SST (Figure 3.1).  CPL and SLAB exhibit 
a prominent all-year-long “double ITCZ”, which is characterized by a very strong precipitation 
band in the southern tropics across the Indian Ocean and the central Pacific. This double ITCZ 
feature and the associated heavy rainfall is a common bias among many coupled modeling 
studies (Small et al., 2014; Bacmeister et al., 2013). ATM shows a very different tropical 
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precipitation spatial pattern, featuring a much drier northwestern Pacific and excessive rainfall in 
the eastern Pacific. This west-east asymmetry is especially strong during the boreal summer. The 
mean ITCZ location in ATM is more poleward over the eastern Pacific, suggesting that it is 
potentially less stable. This ITCZ displacement may be partly attributed to the lack of air-sea 
coupling in the model, as the oceanic fluxes would damp the poleward ITCZ migration in a 
coupled system (Schneider et al., 2014; Adam et al., 2016). The lack of interannual variability in 
ATM may also contribute to the poleward shift.  
The asymmetric precipitation pattern across the tropical ocean in ATM indicates an 
unconventional behavior of tropical convection. Convective process in the tropics is tightly 
connected with precipitation, SST and the large-scale circulation patterns. In the next section, we 
examine the large-scale tropical circulations and discuss possible explanations for the 




Figure 3.2. Tropical precipitation in (left) boreal summer (May-Oct) and (right) boreal 
winter (Nov-Apr) in (a-b) TRMM, (c-d) CPL, (e-f) SLAB, and (g-h) ATM.  
 
3.3.2 Atmospheric Circulations 
Figure 3.3 (a-d) compare the mean zonal circulation patterns averaged over 20˚S ~ 20˚N 
across the tropical Pacific in boreal summer. In CPL and SLAB, the ascending and descending 
branches of the Walker Circulation are generally consistent with the MERRA climatology, 
though the upward motion in the models are broader in longitude, extending to around 180˚E in 
the central Pacific. In ATM, however, the strength of the Walker Circulation is weaker, featuring 
suppressed convection in the west (100˚-180˚E) and anomalously strong convection in the 
eastern Pacific (~ 90˚W). The weaker zonal circulation in ATM can be associated with the 




Figure 3.3 (Upper (a-d)) Climatological boreal summer (May-Oct) zonal distributions of 
the meridional-mean pressure velocity (omega, colored contours) averaged over  
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Figure 3.3 (cont.) 20˚S ~ 20˚N in MERRA, CPL, ATM, and SLAB. (Middle (e-h)) 
Meridional distribution of the zonal-mean omega over the eastern Pacific 
(90˚W~140˚W). The solid black contour indicates the low-level westerly wind over this 
region. (Bottom (i-l)) Meridional distribution of the zonal-mean omega over the western 
Pacific (100˚E~180˚E).  Vectors represent vertical (unit: pa/s) and zonal (unit: m/s) wind 
directions.   
 
We find that the weakening of the Walker Circulation in ATM can be traced back to the 
climatological SST boundary conditions. ATM is a uncoupled simulation in which the 
atmosphere is forced with a repeating annual cycle of climatological SST. Under this uncoupled 
modeling setup, the atmosphere circulation may be more sensitive to the spatial pattern of SST, 
since regional SST variations can not be adjusted through the negative feedback of evaporative 
cooling and radiative forcing. We find that, compared with the historical climatology, SST in 
ATM shows a 0.4˚C cold patch over the Nino 4 region (160˚E-160˚W) at the equator (Figure 3.4 
(a), red rectangle). This cold patch corresponds to a relatively high surface pressure of roughly 
80 Pa (Figure 3.4 (b)), which represents about 10% reduction of the climatological surface 
pressure gradient compared to observations (Appendix Figure B.3, B.4). The anomalous 
temperature gradient and the associated influence on surface wind stress and pressure likely 
influence the anomalous distribution of convection across the tropical Pacific.  
In terms of the summer Hadley circulation, the modeled results are stronger than the 
MERRA climatology (Figure 3.3 (e-h)). The ascending branch is particularly strong in ATM, 
consistent with previous discussions.  In the western Pacific (Figure 3.3 (i-l)), the Hadley cells 
north of the equator in CPL and SLAB are more contracted than in the observations. A strong 
convection center can be seen south of the equator, reminiscent of the double ITCZ.  In ATM, 
convection in the Northern Hemisphere is very weak, while the convection center in the 




Figure 3.4 (a) Differences in climatological annual mean sea surface temperature 
between ATM and OISST . (b) Differences in (colored contour) climatological annual 
mean surface pressure and (vectors) surface wind stress between ATM and MERRA. 
Location of the SST gradient relevant to the Walker Circulation is highlighted in the red 
rectangle.  
 
3.4 TC distribution, number and seasonality  
Figure 3.5 (a-d) show 30 years of accumulated TC tracks in the observations and the 
model simulations. Here we only consider track locations with wind speed reaching Category 1 
(33 m/s) and higher. The modeled and observed TC track density are shown in Figure 3.5 (e-h). 
Track density is calculated based on an 8˚x8˚ domain for all tracked TCs (including tropical 
storms) occurring during the 30-year period. The spatial correlation coefficient between the 
observation and each of the model simulations is shown at the upper right corner of the 
respective figure panel. All models generally produce realistic geographical distributions of TCs, 
consistent with previous modeling studies with 25 km CAM (Bacmeister et al., 2013; Li and 
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Sriver, 2016; Small et al., 2014; Wehner et al., 2014). Track density in CPL and SLAB have 
higher spatial correlation with the observations than in ATM. Compared to historical records, all 
three models have more TC tracks in the central Pacific, Indian Ocean and the Southern 
Hemisphere. In the North Atlantic and eastern Pacific, ATM has a greater number of TCs as well 
as higher overall storm intensity, while CPL and SLAB have relatively sparse TC tracks over this 
region.  
We compare the annual average total number of storms (with 10 m wind speed exceeding 
18 m/s) as well the number of major TCs (higher than Category 3) in each TC basin in Figure 3.6 
(a) and Table 3.1. The historical best-track on average has 95 TCs globally per year. In the pre-
industrial climate simulations, the global TC number is on average 89 in CPL, 96 in SLAB, and 
112 in ATM.  Total TC number in CPL and SLAB are closer to the historical record, but there 
exist large basin-scale variations, especially in the Atlantic, eastern Pacific and the Southern 
Hemisphere. ATM has a larger number of intense storms in all TC basins compared to the 
coupled models and observations.  
The average TC number seasonality in each basin is shown in Figure 3.6 (b). Overall, the 
modeled TC seasonality is most similar to the observations in the Southern Hemisphere and the 
northwestern Pacific basin. In the North Atlantic basin, all models are able to simulate seasonal 
variations that are consistent with historical records, but CPL and SLAB produce fewer TC 
events during the peak season. In the eastern Pacific basin, ATM has a longer seasonal peak that 
persists from July to December.  All models perform poorly in the Indian Ocean, where the 




Figure 3.5 (Upper) 30 years of accumulated TC tracks in the a) observational best track, 
b) CPL, c) ATM and d) SLAB. Here we only plot storm days that reach Category 1 TC 
intensity. (Lower) 30 years of accumulated TC track density (days) corresponding to (a-
d). Track density is computed using 8˚x8˚ domain. Spatial correlation coefficients 







Figure 3.6 a) Global and basin-scale annual average TC number in (black) 
observational best-track, (violet) CPL, (dark orange) ATM and (teal) SLAB. In each 
panel, the left side accounts for the total storm number, and the right side accounts for 
strong TCs with intensity higher than Category 3.  b) Basin-scale annual average TC 
seasonality.  The seasonality correlation coefficients (r) between the observation and 
each model are shown in each panel.  c) TC lifetime maximum intensity frequency 


















	 OBS	 ATM	 CPL	 SLAB	
	 All	storms	 Cat	3-5	 All	storms	 Cat	3-5	 All	storms	 Cat	3-5	 All	storms	 Cat	3-5	
NA	 15.2±4.6	 2.8±1.9	 18.1±3.1	 7.6±2.1	 8.9±3.8	 0.7±0.7	 10.5±3.7	 1.2±1.2	
EP	 18.8±4.1	 4.2±2.5	 23.6±4.1	 5.3±2.2	 12.7±3.3	 0.4±0.6	 16.3±5.1	 1.2±1.4	
IO	 5.3±1.9	 0.7±0.7	 7.2±2.2	 1.4±1.1	 8.2±1.9	 0.8±0.8	 9.1±2.6	 10.9±1.1	
NWP	 26.2±4.8	 7.0±2.3	 27.2±3.7	 13.1±2.0	 26.5±5.5	 8.7±2.4	 32±7.0	 11.9±3.7	
SH	 29. 9 ± 5.5	 8.8±2.4	 35.7±4.0	 8.8±3.0	 31.8±4.7	 5.1±1.6	 28.1±6.0	 5.0±2.7	
Global	 95.4±8.6	 23.5±3.7	 111.8±	5.7	 36.1±4.8	 89.1	±8.7	 15.7±3.0	 96.1±13	 20.2±4.5	
Table 3.1. Summary of the average annual TC number (with 95% confidence interval) in 
the models and observations.  
 
Figure 3.6 (c) compares the intensity distribution of the storm lifetime maximum wind 
speed. ATM tends to simulate more intense storms in all basins, especially in the Atlantic and 
northeastern Pacific. Compared to the historical best-track, the three models simulate more 
Category 2-4 TCs in the Indian Ocean, northwestern Pacific and Southern Hemisphere (see also 
Figure 3.5).  The shapes of the distributions are very similar between SLAB and CPL 
simulations, with SLAB exhibiting a slight shift towards higher intensity. SLAB and CPL 
simulations do not have Category 5 TCs in the North Atlantic and northeastern Pacific.  
 
3.5 Impact of ocean coupling on TC simulation 
3.5.1 The effect of modeled climate conditions on TC distribution 
We first examine the simulated TC genesis locations and their relationship with the 
genesis potential index (GPI). We use the index defined by Emanuel (2010). Details about GPI 
calculations can be found in Appendix B. We found that the patterns of TC formation are 
generally in agreement with the modeled GPI (Figure 3.7). However, inconsistencies exist. For 
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example, in the eastern Atlantic, CPL and SLAB have high GPI values (compared to ATM) but 
suppressed TC genesis. Results indicate that factors other than the large-scale environment (e.g., 
storm dynamics (Camargo and Wing, 2016)) may play an important role in the directly 
simulated TCs in the models.   
 
Figure 3.7 30 years of (circles) TC genesis locations overlaid on the annual average GPI 
climatology for (a) CPL, (b) SLAB and (c)ATM. 
 
In the following analysis, we use TC track density to represent TC spatial distribution 
(Figure 3.5 (e-h)). The most pronounced inter-model difference in track density is found in the 
North Atlantic and the tropical Pacific Ocean. Therefore, we focus our analysis mainly on these 
regions and examine the anomalous large-scale environmental conditions in the models 
compared to observations to diagnose the impacts on TC distribution. Since the model’s 
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simulation time period is different from the observational records, the “anomaly” here focus on 
inter-model differences rather than biases compared to observations.  
Figure 3.8 shows the anomalous seasonal mean SST and vertical wind shear over the 
Atlantic basin, with the corresponding TC track density differences overlaid on top of the 
variables to indicate their respective effect. TC genesis locations are denoted with black dots. 
Vertical wind shear is defined as the differences between the wind speed at 200 hPa and 850 
hPa. The Atlantic Hurricane Main Development Region (MDR) is highlighted with the green 
rectangle. Compared with the observational record, CPL and SLAB show lower track density 
over the MDR (Figure 3.8 (a, b)), while ATM exhibits higher track density expanding over the 
central to eastern equatorial Atlantic (Figure 3.8 (c)).  
The simulated Atlantic SST in CPL and SLAB are up to -0.8˚C colder than the observed 
historical climatology across the mid-latitude and in the eastern MDR. The eastern MDR 
between 40˚W ~ 25˚W is a region critical to the development of African Easterly Waves 
(AEWs), and the colder SST in this region is likely the cause for the suppressed TC formation 
(Figure 3.8 (a, b)), and may be partly responsible for the lack of TC track density downstream in 
the central MDR. Over the central and western MDR, where the simulated TC track density is 
most lacking, the CPL SST is comparable with the observations (Figure 3.8 (a)), and the SLAB 
SST is even warmer (Figure 3.8 (b)). The modeled SST is therefore not the direct cause of the 
low TC activity in this region. Rather, the associated SST gradient can induce a strong vertical 
wind shear (Figure 3.8 (d, e)), which, combined with the lack of TC genesis upstream, further 
constrains TC activity. Likewise, the relatively weak vertical wind shear equator-ward of MDR 
in CPL and SLAB is likely to contribute to the high track density in that region. The same 
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argument is true for ATM, where the overall weak vertical wind shear is correlated to the basin-
wide high track density.  
 
Figure 3.8. Differences of TC track density between models and observations (black 
contour lines) overlaid on the respective differences of (left (a-c), color) SST, and (right 
(d-f), color) vertical wind shear. Vertical wind shear is defined as the wind speed 
difference between 200 hPa and 850 hPa. The solid and dashed black contour lines 
indicate positive and negative values, respectively. The hurricane Main Development 
Region is highlighted in the rectangle.  The black circles represent the accumulated TC 
genesis locations over the 30 model years.  
 
In the central Pacific, all models show higher track density compared to observations 
(Figure 3.9 (a-c)). As is discussed earlier in Section 3.3, CPL and SLAB simulate warmer than 
observed SST in the Indo-Pacific warm pool and the central Pacific (Figure 3.9 (a, b)). In ATM, 
though the prescribed pre-industrial SST is on average colder than the observations, the central 
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Pacific is still warmer relative to the basin average (Figure 3.9 (c)). The warmer SST in the 
models leads to enhanced convection, which, combined with the weak vertical wind shear 
(Figure 3.9 (d, e)), creates favorable conditions for TC development.  
In the northwestern Pacific, CPL and SLAB have higher track density than the 
observations, and the track density aligns well with the warmer SST and weaker vertical wind 
shear. The eastern Pacific track density in CPL is pushed toward lower latitudes, which is mainly 
due to the colder SST near ~10˚N (Figure 3.9 (a)). In ATM, TC track density is significantly 
higher in the eastern Pacific and largely suppressed in the west (Figure 3.9 (c, f)). This pattern 
closely follows the distribution of the ATM precipitation rate (Figure 2 (b)), as TCs in the 
eastern Pacific are exposed to a more convective environment, while TCs in the western Pacific 
are subject to a relatively unfavorable condition. 
  
Figure 3.9 Similar to Figure 3.8, but for the Pacific Ocean.  
 
To investigate the model discrepancy in TC track density in the eastern Pacific, we 
examine the synoptic wave activity, which provides low-level atmosphere disturbances that are 
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important for TC formation in this basin. We calculated wave activity as the variance of the 2-to-
9-day band-pass-filtered time series of the 850 hPa meridional wind, following the method of 
Crosbie and Serra (2014). Results from the models and the ERA-interim reanalysis are shown in 
Figure 3.10. The wave magnitude is larger in the models than in the reanalysis, which may be 
due to model biases. All three models show enhanced wave activity over the west Africa and the 
eastern Pacific, consistent with the reanalysis product. Among the model simulations, the 
magnitude of the variance is very similar between CPL and SLAB (Figure 3.10 (b, d)). In 
comparison, ATM shows significantly stronger wave activity over the eastern Pacific, providing 
more potential triggers for TC genesis. 
 
Figure 3.10 2-9 day band-pass filtered 850hPa V wind variance in observations and models. 
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It is plausible that these eastern Pacific synoptic waves in ATM form locally from the 
breakdown of the more poleward and less stable ITCZ (Figure 3.2) (Ferreira and Schubert, 
1997; Wang and Magnusdottir, 2005). They are also likely to form from rejuvenation of the 
propagating African Easterly Waves (AEWs) (Molinari et al., 1997; Molinari and Vollaro, 
2000), as the more poleward ITCZ corresponds to increased low-level planetary vorticity, 
allowing a more conducive environment for TC genesis (Figure 3.11).  The eastern Pacific in 
ATM overlaps with an area of significantly large vertical wind shear anomalies (Figure 3.9 (f)). 
This may seem counterintuitive, as strong vertical wind shear is known to be detrimental to TC 
formation and intensification. Further analysis shows that this vertical shear anomaly is mainly 
due to the strong westerly wind at the low level. Maloney and Hartmann (2001) find that 
enhanced 850 hPa westerly wind associated with Madden Julian Oscillatiocn (MJO) can 
promote barotropic energy conversion from the mean-level flow to eddy kinetic energy (EKE). 
The anomalous 850 hPa westerly in ATM could act the same way to nourish the small-scale 




Figure 3.11. Differences in TC track density (contour) between models and observations 
overlaid on the differences of 925 hPa relative vorticity. The solid and dashed contour 
lines indicate positive and negative values, respectively. The black circles represent the 
TC genesis locations.  
 
3.5.2 The effect of local coupling on TC intensification 
The cold wakes under TCs can exhibit significant control on TC intensity through the 
negative SST feedback. Post-storm SST cooling is known to be mainly induced by entrainment 
through ocean vertical mixing, and to a lesser extent evaporative heat loss (Price, 1981; D’Asaro 
et al., 2007). The SST in ATM is prescribed based on the observational climatology and 
therefore does not respond to TC forcing. SLAB accounts only for surface heat fluxes and does 
not consider ocean dynamics. In this section, we investigate how TC intensity is affected by the 
choice of ocean coupling.  Since the models simulate different large-scale climate, it is difficult 
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to disentangle the effect between the large-scale conditions and local air-sea flux exchange on 
TC intensity using global TC intensity analysis. Therefore, we use composite analysis of the TC 
events to diagnose the effect of local coupling on TC intensification. 
 
a. TC lifetime wind evolution 
We first compare the TC lifetime wind evolution in each model using composite analysis. 
We consider separately moderate intensity TCs (lifetime maximum wind speed below Category 
3) and major intensity TCs (lifetime maximum above Category 3) (Figure 3.12). For each TC 
event, we focus a 10-day window during its lifetime starting from the first time step when the TC 
wind reaches 17 m/s. The composite analysis is then performed by averaging the wind evolution 
of all the storms in the considered basin and intensity range.  
For storms with weak to moderate maximum intensity (Figure 3.12), inter-model 
differences are mostly found in the Northern Hemisphere basins. In these basins, the composite 
TC wind in ATM intensifies faster and reaches a larger lifetime maximum. In the North Atlantic, 
northwestern Pacific, and the South Pacific, the average TC wind in ATM also tends to dissipate 
more quickly after reaching the peak. SLAB and CPL generally have similar wind speed 
evolution in all basins except for in the North Atlantic, where SLAB has a higher average 
maximum wind speed and dissipates slower than CPL. This discrepancy may be due the warmer 
SST in SLAB over the MDR.  
For major TCs (Figure 3.12), the inter-model differences are more pronounced, and the 
data is less converged toward the composite mean due to the smaller sample sizes. The most 
significant inter-model difference occurs in the North Atlantic basin, where the maximum 
lifetime TC wind in both CPL and SLAB is much weaker than ATM, which is because SLAB 
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and CPL do not simulate the most intense storms in this basin. These basin-scale differences of 
TC wind evolution are not only due to the local effect of air-sea coupling, but also owing to 
regional variations of the TC-relevant environmental variables among different model 
simulations as discussed in Section 3.5.1. 
 
Figure 3.12. Composite global TC wind evolutions for (upper) Category 1-2 and (lower) 
Category 3-5 storms in (red) ATM, (blue) CPL, and (green) SLAB. The corresponding 
shading color indicates the 95% confidence level. Day 0 indicates the first day when the 





b. Characteristics of the TC-induced cold wake and their effect on TC intensification 
Past studies (e.g., Mei et al., 2012) have shown that TC-induced cold wakes are affected 
by storm translation speed. Slow moving storms can induce stronger vertical mixing and 
therefore generate larger SST cooling. The cold wake is also related to TC intensity, and Lloyd 
and Vecchi (2011) found a non-monotonic relationship between SST cooling and TC intensity 
for slow moving storms owing to oceanic controls.  Here we investigate characteristics of the 
cold wake in the coupled model, and examine if model is capable of reproducing these 
observation-based relationships.  
We first analyze the relationship between TC translation speed and the extent of SST 
cooling with the methods adapted from Mei et al. (2012). We consider all storm days that occur 
between 40˚S to 40˚N in each model and the observations. TC translation speed is calculated as 
the forward differencing of the 6 hourly TC track location.  For each TC day, the SST cooling is 
calculated as the average SST anomalies over a 5˚x5˚ box around the TC center. The SST 
anomalies are referenced to the average SST from 12 days to 5 days before the storm passage, 
and the post-storm cooling is the maximum cooling from the day of the storm passage to 3 days 
after. We separate the storm days into tropical storms, weak to moderate intensity TCs (Category 
1-2) and high intensity TCs (category 3-5). We then binned the translation speed with 1 m/s 
interval, and calculate the average SST cooling within each bin. 
Figure 3.13 (a-c) shows the result of the relationship between SST cooling and translation 
speed for CPL, SLAB and observations. We find that both models can simulate the relationship 
between SST cooling and translation speed, showing decreased cooling with increasing 
translation speed across all intensity ranges. The overall extent of the SST cooling in CPL is very 
similar to the observations, while the cooling in SLAB is much smaller, especially for storms 
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with TC strength. This is likely due to the lack of vertical mixing. In all three datasets, at slow 
translation speed, SST cooling is more significant for higher intensity storms. This dependence 
on intensity weakens with increasing translation speed.  
 
Figure 3.13. (Upper) Composite analysis of the relationship between TC translation 
speed and the anomalous SST in (a) CPL, (b) SLAB, and (c) the observations. We analyze 
separately the (green) tropical storm intensity, Category 1-2 intensity (orange), and 
(Maroon) Category 3-5 intensity storm days . (d) Composite analysis of the relationship 
between TC maximum wind speed and the anomalous SST cooling for (blue) CPL, 
(purple) SLAB, and (black) the observation-based estimates. (e) Composite analysis of 
the relationship between SST cooling and TC intensification rate. The circled cross signs 
indicate the average intensification rate of all storms in each model and the observations.  






For a given translation speed, the difference in SST cooling between moderate and 
intense TCs in the observations is very small (Figure 3.13 (c)), suggesting a non-monotonic 
relationship between SST cooling and TC strength, as is found in Lloyd and Vecchi (2011). To 
further examine the models’ representations of this relationship, we focus on slow moving TCs 
with V/f less than 1, following the method of Lloyd and Vecchi (2011) and Lloyd et al., (2011). 
Here V is the translation speed, and f is the Coriolis parameter. This V/f metric intends to remove 
the effect of latitude on translation speed. Figure 3.13 (d) shows the binned anomalous SST to 
binned TC wind speed. Our analysis of the observations (Figure 3.13 (d), black line) shows 
consistent results with Lloyd and Vecchi (2011), in which the cooling reaches the maximum for 
Category 3 TCs, and levels off for higher intensity storms. However, we find that CPL and 
SLAB do not exhibit this non-monotonic pattern. For SLAB, increased cooling with increasing 
TC strength is likely due to the increase of surface evaporative cooling, which has a linear 
dependence on TC wind speed. For CPL, the absence of the non-monotonic relationship suggests 
differences of ocean stratification or ocean mixing between the model and observations that may 
arise from model biases or the different time period used for the simulation.  
How does TC-induced SST cooling in the coupled model affect TC intensification? To 
answer this question, we analyze the relationship between TC intensification rate and the 
anomalous SST below the corresponding storm in each of the models and the observations 
(Figure 3.13 (e)).  Here we only consider the slow moving TCs. Following the method in Mei et 
al. (2012), TC intensification rate is defined as the forward difference of the maximum surface 
wind speed at 6 hour intervals. The SST anomalies are referenced to the long-term mean daily 
climatology in each of the dataset, respectively. The anomalous SST under a storm is computed 
as the area average of a 5˚x5˚ box centered at the storm location on the day of the storm passage, 
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representing the anomalous SST the storm experiences as they develop or dissipate. We then 
binned the intensification rate according to the anomalous SST for all the slow-moving storms. 
The average intensification rate of all storms is also calculated for each dataset.  
Results show that TC intensification rate is largely limited by SST cooling, and the effect 
is similar between all models and observations, indicating that the fluxes are well represented in 
the model. The average intensification rate for all slow moving TCs in CPL is -0.45 m/s/6hour, 
which is the same with results from the observations. The average intensification rate in SLAB is 
-0.2 m/s/6hour, and in ATM is 0.1 m/s/6hour.  
 
3.6 Discussion and Conclusions 
In this work, we examine simulated TC activity in the high resolution CESM with 
different coupling frameworks: 1) atmosphere-only, 2) atmosphere coupled to mixed layer 
ocean, and 3) fully coupled model with a dynamic ocean. We analyze the model-simulated TC 
characteristics and provide plausible explanations for the inter-model differences. We find that 
TC number, geographical distributions and intensity are sensitive to ocean coupling.  Differences 
in TC characteristics are mainly attributed to model differences in local air-sea flux exchanges 
and large-scale climate conditions. Biases in the climate mean state and variability are affected 
by intrinsic model biases and feedbacks from air-sea interactions.  
We find that the modeled climate mean state and variability, as well as large-scale 
circulations are largely responsible for the inter-model differences of TC number and 
geographical distributions. The fully coupled model with a dynamic ocean simulates the most 
realistic annual TC number in the northwestern Pacific. The expanded Indo-Pacific warm pool 
and the weak vertical wind shear are likely to contribute to more TCs forming in the central 
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Pacific and Indian Ocean.  The coupled model simulates lower TC activity in the North Atlantic 
and eastern Pacific, and we find that the lack of TCs in the Atlantic MDR can be mainly 
attributed the cold SST bias and the strong vertical wind shear associated with the large SST 
gradient. The suppressing effect of the cold SST and strong vertical wind shear on the Atlantic 
TCs is also noted in other coupled GCM studies (Kim et al., 2014; Vecchi et al., 2014; Small et 
al., 2014; Li et al., 2016;). This bias has been greatly reduced in the current model configuration 
compared with a previous model version with lower resolution (e.g., 50 km resolution CCSM3.5 
in Li et al. (2016)). The slab ocean simulation exhibits key features of TC distributions similar to 
the fully coupled simulation, as the large-scale climate conditions are very similar between the 
two models.  
The uncoupled atmosphere-only simulation exhibits an asymmetric bias in TC activity 
across the Pacific ocean, featuring a much larger TC track density in the eastern Pacific and 
deficient track density in the northwestern Pacific. Our results show that this asymmetric pattern 
can be traced back to the SST pattern in the prescribed pre-industrial climatological SST. A 
relatively cold patch over the Nino 4 region leads to a reduction of the zonal surface pressure 
gradient, which reduces the near surface wind stress and triggers a series of convoluted 
interactions among the large-scale Walker Circulation, tropical convection, precipitation, and 
synoptic scale wave activity. The northeastern Pacific is very sensitive to air-sea interactions. 
The lack of air-sea coupling in the atmosphere-only model may be responsible for the poleward 
ITCZ migration, making it more likely to undulate and break down into tropical disturbances.  
In addition, we analyzed the characteristics of the TC-induced cold wakes in the fully 
coupled and the slab ocean experiments, and find that the fully coupled model is able to capture 
the surface ocean’s response to storm translation speed and storm intensity. However, the model 
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does not show the non-monotonic relationship between SST cooling and TC intensity, which 
may be owing to differences in ocean stratification.  We find that air-sea coupling in CESM can 
significantly affect TC maximum intensity and intensification rate. Composite analysis shows 
that TCs in the atmosphere-only simulation can reach to higher maximum intensity in a relatively 
shorter time. In SLAB, due to the lack of thermocline mixing and entrainment, the average local 
maximum SST cooling is on average 64% smaller than CPL, and the average intensification rate 
for all storms is 55% higher than CPL. Globally, SLAB on average produces 33% more major 
TCs than CPL.  
Since the slab ocean does not account for ocean subsurface vertical mixing, it can be 
viewed as an ocean with a thicker mixed layer of warm water and/or reduced sub-surface 
temperature gradient, creating an ocean state conducive to TC intensification and persistence 
(Lin et al., 2008; Vincent et al., 2014; Emanuel, 2015; Balaguru	et	al.,	2016). Lin et al. (2014) 
found that such ocean conditions largely contribute to the development of the 2013 
“supertyphoon” Haiyan.  These results suggest that underrepresented ocean feedbacks in models 
can affect the simulated TC development and intensification, potentially creating more 
superstorms in the modeled climate. 
Our results on the impact of two-way coupling on TC simulation is in general agreement 
with observations and other modeling studies, including Jullien et al. (2014), who used a coupled 
regional model over the South Pacific Ocean, and Zarzycki, (2016), who developed a slab ocean 
with a vertical mixing parameterization. This work builds upon previous studies, investigating 
the aggregated effect of ocean coupling on TC simulation within a global-scale, fully-coupled, 
high-resolution Earth system model, which has been put into use in various climate experiments 
and applications. As many Earth system models used for climate change assessments are moving 
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towards TC-resolving scales, understanding the potential links and feedbacks due to TCs within 
the coupled system, and how they are represented in coupled frameworks, can guide physical 
interpretations about how TCs may vary with climate, with broad scientific and socio-economic 
implications. 
In addition, the model shows improved consistency between the simulated TC formation 
and the Genesis Potential Index compared to lower resolution models (Camargo 2013; Walsh et 
al., 2013). A component-wise GPI analysis of these high-resolution models may shed new light 
on the relative importance of different large-scale environmental factors on TC formation. 
In interpreting the results of this study, it is important to consider uncertainties related to 
the choice of deep convection scheme and TC tracking algorithm. The tracking scheme here does 
not consider the warm core structure, given the limited variables available in the high-frequency 
output. It is possible that the track length and the number of tropical storm intensity events can 
be reduced with a more stringent tracking algorithm. The coupling frequency of the slab ocean 
model is by default kept the same as that of the atmosphere component at 15 minutes. It is most 
desirable to keep the coupling frequency consistent between the slab ocean and the dynamic 
ocean. Here we assume the influence is small. In addition, the TC-induced ocean vertical mixing 
and surface cooling may be underestimated due to the relatively coarse 1˚ ocean grid resolution. 
The atmosphere-only experiment in this study is an “idealized" controlled simulation forced with 
annually repeating SST from the pre-industrial climatology, which does not include effects of 
interannual variability. ATM lacks all effects of air-sea feedbacks, including its role in 
modulating the interannual variability of SST. These challenges will be addressed in future work 





CHAPTER 4: IMPACT OF TROPICAL CYCLONES ON THE GLOBAL OCEAN: 
RESULTS FROM MULTI-DECADAL GLOBAL OCEAN SIMULATIONS ISOLATING 
TROPICAL CYCLONE FORCING 
 
In this chapter, we investigate the impact of TCs on the global ocean and the associated 
feedbacks using a hierarchy of high-resolution CESM global simulations. We aim to understand 
the potential impact of the model’s self-generated transient TC events on the modeled global 
ocean. We perform two ocean-only simulations using the atmosphere boundary conditions from 
a fully-coupled pre-industrial CESM simulation configured with 0.25˚ atmosphere and 1˚ ocean. 
The high-resolution coupled model is capable of directly simulating TC events with wind 
structure and climatology generally consistent with observations. TC features at the atmosphere 
boundary are filtered out in one of the ocean simulations (OCN-FILT run) while fully retained in 
the other (OCN_TC run), in order to isolate the effect of the model’s self-generated TCs on the 
ocean. We find that the model-simulated TCs can 1) alter surface and subsurface ocean 
temperature patterns and variability; 2) affect ocean energetics, including increased ocean mixed 
layer depth, strengthened subtropical gyre and meridional overturning circulations; and 3) 
influence ocean meridional heat transport and ocean heat content from seasonal to interannual 
time-scales. These results help provide insights into the model behavior and the physical nature 
of the effect of TCs within the Earth system.  
 
4.1 Introduction 
 TCs can induce vigorous ocean vertical mixing, which brings cold water up to the ocean 
surface and pumps warm water down into the ocean interior (Price, 1981). While the near-
surface cooling can be restored by surface heat flux adjustment in about 30 to 60 days (Dare and 
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McBride, 2001), the subsurface warming can persist beyond the seasonal timescale, resulting in a 
net heating effect on the ocean (Emanuel 2001; Sriver and Huber, 2007; Mei et al., 2013; Cheng 
et al., 2015). Studies show that TC-induced ocean mixing may potentially influence global ocean 
heat content and ocean heat transport (Hu and Meehl, 2009; Jansen et al., 2009; Vincent et al., 
2012; Bueti et al., 2014), suggesting that TCs, as transient extreme weather events, may actively 
influence the large-scale climate mean state and variability. 
The high-resolution “TC-resolving” climate models provide an innovative and valuable 
platform for understanding the physical processes of TC-climate interactions.  Meanwhile, as our 
climate models are moving towards the TC-resolving resolutions, it is important to understand 
the processes and biases related to the potential feedbacks of the model’s self-generated TCs on 
the modeled climate mean state, in order to better understand model behavior and constrain 
uncertainties in climate simulations. Here we investigate the impact of TCs on the global ocean 
utilizing the high-resolution “TC-resolving” CESM. We perform a suite of decadal-scale ocean-
only simulations forced with atmosphere boundary conditions from a high-resolution fully-
coupled simulation, and we remove the TC signatures from the boundary forcing in one of the 
model experiments to isolate the effect of TCs.  We aim to better understand how the model’s 
self-generated TCs can influence the model-simulated global ocean in various aspects and across 
different time-scales. 
The chapter is structured as follows. Section 4.2 summarizes the numerical methods, 
which include model description, experiment design, and TC-filtering technique. The main 
results are described in Section 4.3, in which we first summarize the model-simulated TC 
activity, then diagnose the mean state and variability of TC-induced ocean surface and 
subsurface temperature responses. We then analyze the ocean’s dynamic responses to TCs, and 
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estimate TC-induced ocean heat anomalies and meridional transport.  Main conclusions and 
caveats will be discussed in Section 4.4.  
 
4.2 Methods  
4.2.1 Model Description 
We use the Community Earth System Model version 1.2.2 (CESM 1.2.2) (Hurrell et al., 
2013). The model includes atmosphere, land, ocean, and sea ice components that can 
communicate with one another through the coupler. The atmosphere component used here is the 
Community Atmosphere Model 5.3 (CAM5.3) (Neale et al., 2013) with the Spectral Element 
(SE) dynamic core. We use 0.25˚ (~25 km) grid spacing and the standard 30 vertical layers. The 
land component is the Community Land Model version 4 (CLM4) (Lawrence et al., 2012) with 
the same resolution as the atmosphere. The ocean component is the Parallel Ocean Program 
version 2 (POP2) (Smith et al., 2010), and the ice component is the Los Alamos Sea Ice Model 
(CICE). We use the nominal 1˚ ocean horizontal resolution on the displaced pole grid, which has 
a uniform zonal grid spacing of 1.125˚ and a varying meridional grid spacing that increases from 
0.27˚ at the equator to a maximum grid spacing of 0.64˚ (northwestern Pacific) (Danabasoglu et 
al., 2006). The model has 62 vertical levels, with layer thickness increasing from 10 m at the 
near-surface to 250 m at 6,000 m depth. POP2 uses the K-Profile Parameterization (KPP) (Large 
et al., 1994) as the vertical mixing scheme, and the Gent-McWilliams (GM) parameterization 
(Gent & McWilliams, 1990) to approximate mesoscale eddy mixing. The coupler used is the 





4.2.2 Experiment Design 
We perform a suite of model simulations including a fully-coupled run and two ocean-
only runs, with and without TCs. The fully coupled run is an extension from the simulation 
described in Li and Sriver (2018), which in total had been run for 72 years under pre-industrial 
climate conditions. In the current study, we make use of the last 30 years of this simulation 
(named “CPL”).  We then perform an ocean-only run (named “OCN_TC”) forced with the same 
atmosphere bottom boundary conditions from CPL, starting with the same ocean conditions at 
the beginning of the 30-year period. The boundary conditions from CPL include all the model’s 
self-generated TC signatures at the air-sea interface, including surface wind, pressure, 
temperature, precipitation, etc. Therefore, the OCN_TC contains all the TCs’ impact on the 
ocean.  We then filter out all the TC signature from the atmosphere bottom boundary in 
OCN_TC, and use the filtered boundary conditions to force another ocean-only run (named 
“OCN_FILT”), which produces an ocean without TCs’ impact. We diagnose TCs’ effect on the 
ocean by comparing the results from 30 years of OCN_TC and OCN_FILT. The term “anomaly” 
hereafter refers to the difference between OCN_TC and OCN_FILT (OCN_TC - OCN_FILT). 
As documented in Li and Sriver (2018), we made several changes in CPL to achieve 
more realistic TC-induced ocean responses. Those changes include increased ocean coupling 
frequency from the default daily to every 2 hours, and a modified surface drag coefficient to 
accommodate high TC wind speed.  The ocean-only runs (OCN_TC and OCN_FILT) use the 
ocean-sea ice configuration of CESM, and we keep all the model settings in the ocean-sea ice 
component and the coupler consistent with CPL.  
We keep the resolution of atmosphere bottom boundary forcing at ~ 0.25˚ to maintain the 
high-resolution wind stress in the ocean-only runs. The raw atmosphere boundary forcing fields 
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are regridded to latitude-longitude grid, in order to be used to force the ocean component.  The 
regridding process may introduce slight inconsistencies with the original forcings in CPL, and 
we regard the first three years of the ocean simulations as the adjustment period. The long-term 
mean climatology analyses are therefore based on the last 27 years of the model results.  
 
4.2.3 TC filtering 
To remove TCs from the atmosphere boundary, we adopt an approach similar to that 
described in Wang et al. (2012).  We consider all the relevant atmosphere boundary forcing 
fields, including 6-hourly wind, surface pressure, surface temperature, relative humidity; daily 
shortwave radiation, long-wave radiation and precipitation.  We first detect and track all the TC 
events based on the 6-hourly atmosphere output in the fully-coupled run, using the tracking 
method described in Li and Sriver (2018).  For each TC location, we apply a low-pass Lanczos 
filter (Duchon, 1979) with 8-day cut-off frequency to all the relevant fields over a 10-day time 
window (1 day before TC day to 8 days after TC day) over a 10˚ x10˚ domain surrounding the 
TC center.  The overlapping area along the TC track is only counted once. We also apply linear 
ramping in time (with 4-day time zone) and space (with 5˚ area on each lateral boundary of the 
10˚x10˚ domain) for a smooth transition from the filtered field to the original field.  The ramping 
weight is defined the same as in Wang et al. (2012), of which here we provide a brief overview. 
For each 15˚ x 15˚ TC domain:  
 𝑟𝑎𝑚𝑝 =
0,																													𝑖𝑓	𝑤𝑖𝑡ℎ𝑖𝑛	𝑡ℎ𝑒	10˚×10˚	𝑑𝑜𝑚𝑎𝑖𝑛
𝑥 − 𝑥RS /(𝑥UVW − 𝑥RS),				𝑖𝑓	𝑥	𝑤𝑖𝑡ℎ𝑖𝑛	𝑡ℎ𝑒	𝑟𝑎𝑚𝑝𝑖𝑜𝑛𝑔	𝑎𝑟𝑒𝑎
														1,																												𝑖𝑓	𝑥	𝑜𝑢𝑡𝑠𝑖𝑑𝑒	𝑡ℎ𝑒	15˚×15˚	𝑎𝑟𝑒𝑎
 
Here 𝑥RS is the boundary of the filtered 10˚ x 10˚ inner domain,  𝑥UVW is the boundary of the 15˚ x 
15˚ outer domain.  Similarly, for temporal ramping, the inner boundary is the filtered time 
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domain [TC day -1 : TC day + 8], and the outer boundary is 4 days before and after the inner 
domain. The total ramping weight is: 
 weight = (1 - rampspace ) x (1- ramptime) 
And the final value of the variable after applying the ramping weight is:  
 Ufinal = weight x Ufiltered + (1 - weight) x Uoriginal 
More details about the procedure can be found in the appendix. Figure 4.1 (a-b) shows 
the surface winds and the associated surface temperature under a TC event before and after 
applying the filter. Figure 4.1 (c-d) shows the composite time series of TC wind speed anomalies 
from 7 days before each storm occurrence to 7 days after. The wind speed series of each TC day 
is averaged over a TC-centered 4˚x4˚ domain, and the anomalies are referenced to the average 
wind speed of [TC day – 7 : TC day -3]. Results show that the filtering technique can remove 




Figure 4.1 Examples of TC filtering.  (a-b) Atmosphere bottom surface temperature 
(contour) and wind (vector) under a TC event (a) before and (b) after applying the filter; 
(c-d) Time series of average wind speed anomalies over a 4˚x4˚ domain surrounding the 
TC center (c) before and (d) after applying the filter, with 0 on the x-axis indicating the 
time of TC occurrence. The anomalies are referenced to the average wind from Day -7 to 
Day -3 in the respective model output. 
 
4.3 Results 
4.3.1 Model simulated TC activity 
Figure 4.2 compares 30 years of accumulated TC tracks in the observational best track 
(1985-2014) and in the fully coupled simulation (CPL). As is discussed in several modeling 
studies (Small et al., 2014; Whener et al., 2010; Sccociomo et al., 2010), the coupled high-
resolution CESM can simulate global TC number, spatial distribution, storm intensity and 
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seasonality generally in agreement with observations (see also Li and Sriver (2018)). The 30-
year simulation used in this study has 86 annual storms on average, which is slightly less than the 
observed average annual number of 92. The major discrepancy is in the north Atlantic basin, 
where the coupled model underestimates TC number and intensity (Small et al., 2014; Li and 
Sriver, 2018).   
 
Figure 4.2 30 years of accumulated TC tracks in the (top) observational best track from 




In addition, the modeled TCs have longer tracks and reach higher latitudes than the 
observations.  Figure 4.3 shows the latitudinal distribution of the long-term mean annual total TC 
power dissipation index (PDI). The modeled PDI is smaller than the observations at the TC peak 
latitudes in the Northern Hemisphere, which is mainly due to the lack of TC activity in the north 
Atlantic.  The modeled PDI is also closer to the equator and larger in the higher latitudes 
compared to the observations. The PDI distribution can have implications for TCs’ impact on the 




Figure 4.3 Latitudinal distribution of average annual TC power dissipation index (PDI) 








4.3.2 Ocean’s response to TCs 
In this section, we will first analyze TCs’ impact on annual and seasonal mean SST and 
sub-surface potential temperature patterns (Subsection 4.3.2.1). We will then examine the 
ocean’s dynamic responses to TCs (Subsection 4.3.2.2). Lastly, we will discuss TC-induced 
ocean meridional heat transport and ocean heat uptake on seasonal to interannual time-scales 
(Subsection 4.3.2.3).  
 
4.3.2.1 Ocean temperature responses to TCs 
a. Surface temperature (SST) 
Figure 4.4 shows the difference of long-term mean average SST between OCN_TC and 
OCN_FILT, indicating TC-induced SST anomalies. On the annual average (Figure 4.4 (a)), TCs 
tend to cool the ocean surface. The maximum cooling occurs in the northwestern Pacific basin, 
reaching about -0.5 ˚C. TC-induced surface cooling is more significant during the TC season in 
the respective hemispheres (Figure 4.4 (b-c)). The major TC basins experience warming during 
the winter season (defined as Dec – May in the Northern Hemisphere, and Jun – Nov in the 
Southern Hemisphere), and the warming is most significant at the mid-latitudes around 40˚N – 
60˚N in the Northern Hemisphere. This pattern is similar to the modeling results shown in 
Vincent et al. (2012).  The winter-time warming anomalies are likely due to seasonal variations 
in the ocean mixed layer depth: the heat that has been pumped into the thermocline during the 
TC season when the mixed layer is shallower will re-enter the ocean mixed layer during the 
following winter and eventually be transferred back to the atmosphere (Jansen et al., 2010).  This 
re-emerging process can happen both locally and remotely, as the anomalous heat may be 
transported elsewhere by ocean currents. In the Northern Hemisphere mid-latitudes, TC-induced 
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winter-time SST anomalies exhibit an anomalous dipole pattern (Figure 4.4 (c)), which tends to 
reduce the meridional SST gradient and may have implications for the mid-latitude winter storm 
tracks.  
 
Figure 4.4 long-term mean (a) annual, (b) summer (Jun-Nov), and (c) winter (Dec-May) SST 





b. Sub-surface temperature responses 
Figure 4.5 shows TC-induced long-term mean ocean sub-surface temperature anomalies 
averaged between 50-100 m. Corresponding to the surface cooling shown in Figure 4.4, the 
major TC basins experience warming at this depth, indicating the effect of TC-induced vertical 
mixing.  Persistent subsurface warming can also be seen in the equatorial Indian Ocean and 
equatorial eastern Pacific.   
 
Figure 4.5 Similar to Figure 4.4, but for ocean subsurface temperature difference 




To take a closer look at the equatorial Pacific, we analyze the zonal cross-section of the 
TC-induced long-term mean ocean potential temperature averaged over 5˚S – 5˚N across 120˚E 
– 90˚W (Figure 4.6).   The eastern Pacific main thermocline shows much stronger and persistent 
anomalous warming compared to the western Pacific. Starting in July, TC-induced heat 
anomalies begin to emerge in the western Pacific. The heat is then transported to the eastern 
pacific and continues to accumulate during the following season by Equatorial Kelvin waves or 
by the equatorial undercurrent. The warming is most significant from September to January 
when the thermocline has stronger stratification.  
Figure 4.7 shows the meridional cross-section of the long-term mean zonal average 
potential temperature anomalies in the Indian Ocean (50˚S – 30˚N, 35˚E – 100˚E), Eastern 
Pacific (50˚S – 60˚N, 180˚E - 100˚W), Atlantic (50˚S – 60˚N, 170˚W – 360˚W) basin and 
western Pacific (50˚S – 60˚N, 120˚ – 170˚ E).  In all regions, TC-induced warm anomalies travel 
along potential temperature isotherms.  In the Indian Ocean, the most significant warming is 
found in the equatorial region (10˚S - 10˚N), as the TC-induced warm anomalies during the 
summer season in each hemisphere converge toward the equator.  In the eastern Pacific, TC-
induced warm anomalies travel downward and southward along the isotherm following the 
subtropical cell, and the heat is accumulated at the upwelling region of the eastern Pacific 
convergence zone. In the Atlantic basin, TC-induced temperature anomalies are much weaker 




Figure 4.6 Zonal cross section of long-term monthly mean equatorial temperature difference 





Figure 4.7 Meridional cross-section of long-term mean sub-surface temperature 
difference in the (top to bottom) Indian Ocean, eastern Pacific, Atlantic, and western 





The western Pacific exhibits many unique features. Most of the TC-induced temperature 
anomalies occur in the North Pacific. The most significant sub-surface warming can be seen at 
subtropics (10˚N – 30˚N) and mid-latitudes (35˚N – 50˚N), and the mid-latitude warming can  
reach down to 1000 m depth along the thermocline. During the Northern Hemisphere summer 
(Jun - Nov), vertical mixing causes pronounced warming below the ocean mixed layer.  In the 
boreal winter months, the subsurface heat anomalies are greatly reduced, corresponding to the 
seasonal deepening of the ocean mixed layer. Meanwhile, the mid-latitude region around 30˚N-
35˚N experiences anomalous cooling from the surface down to about 400 m.  To better 
understand the associated physical processes in the northwestern Pacific, we analyze the monthly 
evolution the long-term mean TC-induced thermodynamic anomalies in more details (Figure 
4.8), with a special focus on the role of late winter ocean dynamics. 
During the northwestern Pacific TC peak season from Aug to Nov (Figure 4.8 (a-d)), the 
enhanced vertical mixing results in strong near-surface cooling and subsurface warming, 
spanning from the subtropics to ~50˚N. The subtropical region at about 15˚N – 25˚N features 
anomalous upward motion, indicative of enhanced upwelling under TCs.  Through November to 
December (Figure 4.8 (d-e)), the mid-latitude at 35˚N-40˚N experiences the earliest and fastest 
deepening of the ocean mixed layer. As a result, the heat is largely engulfed by the mixed layer 
and partly advected to the adjacent latitudes. By December, the subsurface warming at this 
latitude has faded, while the near-surface cooling remains.  
In December, the mid-latitude ocean is characterized by outcropped isotherms in the 
ventilated thermocline with largely reduced vertical stratification (Figure 4.8 (e)). Under such 
conditions, the surface forcing may directly impact the subsurface through thermocline 
ventilation (ref).  As the mixed layer continues to deepen through March (Figure 4.8 (e-h)), more 
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sub-surface warming is lost to the mixed layer, while the remaining anomalies at the base of the 
mixed layer are ventilated along the isotherms by subtropical Ekman subduction: the anomalous 
warming in the subtropical region converges back to the tropics along the returning branch of the 
subtropical cell, and the anomalous cooling at ~35˚N travels downward and southward to about 
300 m depth;  the heat anomalies in the higher latitude about 39˚N – 43˚N are pumped down to 
~600 m and reach 1000 m depth along the shallow overturning cell. The warm anomalies within 
the mixed layer north of 40˚N remains throughout the winter and spring season, which suggests 
that this warming is due to zonal advection by the Kuroshio Current (see also Figure 4.5). 
As the mixed layer shoals in April (Figure 4.8 (i)), the surviving heat anomalies remain in 
the permanent thermocline. The mid-latitude cold anomalies originated from the surface have 
spanned over the 16-18˚C thermostad at 100-400m depth.  The thermodynamic features and the 
formation processes of this cold water mass are consistent with the subtropical mode water 
formation (Hanawa and Talley 2001), suggesting that the modeled TCs may influence the 
properties of the subtropical mode water, with important implications for ocean dynamics and 
primary production.  In addition, the warm anomalies in the higher latitude north of 40˚N 
increases the buoyancy of the subsurface water, which may affect ocean convection and induce 
changes in meridional circulation. Furthermore, the heat anomalies pumped down from this high 
latitude tend to travel along the returning branch of the overturning cell, which can affect the 




Figure 4.8 Monthly-mean meridional cross-section of the TC-induced anomalies in the 
northwestern Pacific basin. The XY-plot on top of each panel shows the zonal average 
surface heat flux anomalies induced by TCs. Positive values indicate heat goes into the 
ocean. For the bottom plot in each panel, the colored contours represent anomalous 
potential temperature; the black vectors indicate anomalous vertical motion; the dashed 
grey contour lines represent the isotherms in OCN_TC; the thick solid black lines 
indicate the mixed layer depth in OCN_TC, while the thick dashed black lines are the 
mixed layer depth in OCN_FILT.  
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4.3.2.2 Ocean dynamic responses to TCs.  
a. Ocean mixed layer 
TCs can enhance upper ocean mixing and thus alter the depth of the ocean mixed layer. 
We examine TCs’ impact on the long-term mean ocean mixed layer depth (Figure 4.9). On 
annual average (Figure 4.9 (a)), the pattern of the anomalous mixed layer depth is consistent with 
that of anomalous SST (Figure 4.3), with increased mixed layer depth in all the major TC basins. 
The anomalies are larger during the TC season in the subtropics during the respective 
hemispheric TC season, owing to the direct forcing of transient TC mixing.  The maximum 
mixed layer deepening is found at the upstream Kuroshio Extension region southeast of Japan, 
which peaks in the winter season with a maximum of 18 m anomaly.  
The largest mixed layer depth anomalies take place at times when the ocean mixed layer 
experiences the largest seasonal variation: in November and December when the seasonal mixed 
layer begins to deepen (Figure 4.8 (d-e)), and in April when the mixed layer begins to shoal 
(Figure 4.8 (i)). During these time periods, the mixed layer variation is sensitive to surface wind 
forcing and heat loss associated with air-sea exchange. As can be seen in Figure 4.8, two 
mechanisms can contribute to the enhanced mixing: 1) enhanced surface cooling related to late 
season TC events, and 2) quick surface heat loss when the Kuroshio current transports 
anomalous warm water poleward to this region (Figure 4.4, Figure 4.8 (f)). TCs’ effect 
contributes to the onset and extent of the seasonal mixed layer deepening and delays the spring 










b. Ocean circulation  
The annual average meridional circulation and the associated vertical motion is shown in 
Figure 4.10. The ocean model can simulate the global and Atlantic overturning structure and the 
associated vertical motion reasonably well (Figure 4.10, (a)(c)). On global average, TCs in the 
model strengthen the overturning cells in both hemispheres. The global average maximum 
meridional overturning is increased by about 3%.  Similar response can also be seen in the north 
Atlantic basin (Figure 4.10 (c-d)), though the changes are much smaller, which may be partly 
owing to the lack of TC activity in this basin.  The maximum overturning is increased by about 
1% in the Atlantic.  Corresponding to the strengthened overturning is enhanced upwelling in the 
tropical convergence zone and subpolar gyre center, and strengthened subduction in the 





Figure 4.10. Meridional cross section of (a, b) global and (c, d) Atlantic long-term mean 
average vertical velocity (in color) and MOC (line contour, Sv) in (a, c) OCN_TC, and 
(b, d) the difference between OCN_TC and OCN_FILT.   
 
 
Figure 4.11 shows the long-term mean climatology of the barotropical stream function in 
the OCN_TC run (a-c) and TC-induced anomalies (d-f), representing the strength of the ocean 
gyre circulations. On annual average, the modeled TCs tend to strengthen the major circulation 
gyres, consistent with the meridional vertical motion in Figure 4.10. The maximum change is in 
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the north Hemisphere subtropical gyre during boreal summer, with a maximum increase of ~2.5 
Sv (Figure 4.11 (e)). 
 
Figure 4.11. (left) Climatological barotropic stream function in OCN_TC and (right) the 
differences between OCN_TC and OCN_FILT. From the top to bottom are (a, d) annual 
mean, (b, e) summer (Jun - Nov) mean and (c, f) winter (Dec - May) mean. 
 
 
4.3.2.3 TC-induced meridional ocean heat transport  
We then examine TCs’ impact on the meridional ocean heat transport (MHT) (Figure 
4.12). The patterns of the annual average global total MHT in the two ocean simulations are 
consistent with observations and other ocean modeling studies (e.g., Jansen and Ferrari, 2009, 






than observational estimates (Trenberth and Caron, 2000).  The model also simulates a small net 




Figure 4.12. long-term mean meridional total ocean heat transport in the two models 
(blue and red solid lines, left y-axis) and TC-induced anomalies (black dashed line, right 
y-axis). The grey shading indicates 90% confidence level of the TC-induced anomalies.  
 
In general, the modeled TCs amplify the background meridional heat transport patterns. 
The largest changes are at the latitudes of peak TC activity. The peak anomalous poleward MHT 
is 0.035 PW in the northern Hemisphere and 0.018 PW in the southern Hemisphere. The 
magnitude is similar to the result of the modeling study by Vincent et al. (2012), and it is 
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significantly smaller than previous estimates (Emanuel, 2001; Sriver and Huber, 2007). The 
Northern Hemisphere TC-induced maximum poleward transport is only about 2.5% of the 
hemispheric peak MHT.  However, when comparing with previous estimates, it is important to 
keep in mind that here we are using TCs from a coupled model simulation rather than from 
observations.  As is discussed in Section 4.3.1, the coupled model has fewer and weaker TCs in 
the north Atlantic, and the Northern Hemisphere maximum PDI is only 55% of the observations 
(see Figure 4.3).  
TC-induced meridional heat convergence /divergence can be inferred from the slope of 
the curves in Figure 4.12.  If we define TC-induced MHT anomaly as ∆𝑀𝐻𝑇, then when the 
slope of ∆𝑀𝐻𝑇 (𝜕∆𝑀𝐻𝑇 𝜕𝑥) and the slope of the background MHT 𝜕𝑀𝐻𝑇 𝜕𝑥 	have the 
same (opposite) sign, TCs amplify (reduce) the background convergence / divergence.  For 
example, when the background northward MHT diverges (𝜕𝑀𝐻𝑇 𝜕𝑥 > 0), then locations where 
𝜕∆𝑀𝐻𝑇 𝜕𝑥 > 0 have enhanced divergence, and locations where 𝜕∆𝑀𝐻𝑇 𝜕𝑥 < 0 have 
anomalous convergence.  
We find that TCs’ impact on ocean meridional heat convergence can be attributed to both 
TC-induced ocean heat anomalies and changes in ocean dynamics. Anomalous heat converges at 
2˚S~12˚S near the equator due to equatorial upwelling of TC-induced warming (see Figure 4.7). 
Divergence mainly occurs at 2˚S – 20˚N and 12˚S – 25˚S, with the maximum at the latitudes of 
peak TC activity (15˚N-20˚N and12˚S~25˚S). The general divergence from 2˚S to 20˚N and 
convergence at 25˚N- 45˚N indicates the effect of enhanced North Hemisphere subtropical 
overturning. Likely, the small divergence zone at 45˚N - 55˚N is likely due to the strengthened 
subpolar gyre. Heat convergence north of 55˚N and south of 25˚S is consistent with the 
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anomalous warming associated with the poleward transport of warm anomalies by the western 
boundary current (e.g., Figure 4.4 and Figure 4.5). 
The pattern of the anomalous MHT is different from previous ocean modeling studies of 
Vincent et al. (2012) and Jansen and Ferrari (2009), in which a maximum near-equator ocean 
heat convergence is found at 0˚ - 20˚N. The difference is likely due to the different latitudinal 
distribution of TCs between model and observations.  Here the model simulates more TC mixing 
closer the equator (see Figure 4.3), where strong stratification may further amply TC-induced 
vertical diffusivity. Jansen and Ferrari (2009) found that the pattern of the heat transport is 
sensitive to the latitudinal band of TC mixing, and when increased diffusivity is applied over the 
tropical ocean with no equatorial gap, the resulting ∆MHT tends to enhance the background 
MHT and has a pattern similar to that in Figure 4.12.  Here it is likely that the enhanced 
northward cross-equator heat transport in the model, owing to the model’s overestimation of TC-
induced mixing in the deep tropics, overwhelms the equatorial heat convergence in this region. 
 
4.3.2.4 TC-induced ocean heat uptake 
In this section, we estimate TC-induced ocean heat uptake (OHU) and analyze its 
interannual variability. Here OHU is defined the same as in Li and Sriver (2016): 
 
where 𝜌 is the density of sea water (1020 𝑘𝑔/𝑚3), C is the heat capacity (3900 𝐽/𝑘𝑔/˚𝐶), DT is 
the ocean temperature difference between OCN_T and OCN_FILT. XMXL is the monthly 
varying maximum ocean mixed layer depth from the OCN_TC run. At each time step, the heat 
anomalies are integrated horizontally over the global ocean and vertically from XMXL to 1000 
2.3. Model Setup
In each of the three simulations, we spin-up the model for 5 years under normal year conditions and
then branch it into two runs—a 18 month control run that continues under the normal year forcing con-
dition and a 18 month TC-fo cing run whe e we incorporate the blended TC winds into the atmospheric
inputs. Comparisons between the TC-forcing run and the control run allow us to diagnose the effect of
TCs on the ocean, and the 5 year spin-up enables us to address sources of model drift. For the rest of
the paper, all the anomalies will refer to the differences between the TC-forcing run and the correspond-
ing control run for each resolution, and the dates will refer to model days corresponding to the year
with TC forcing.
2.4. Definition of Ocean Heat Uptake (OHU)
We define the TC-induced ocean heat uptake (OHU) at a given time as the volume integral of the TC-




q # C # DT dhdA
Here q and C are seawater density (constant at 1020 kg/m3) and heat capacity (constant at and 3900 J/(kg 8C)),
respectively. DT is the ocean temperature difference between the TC-forcing run and the control run.
XMXL is the monthly average maximum mixed layer depth based on the 6 years of control run at each
grid point. d is the depth at which DT approximates to 0. dA is the approximate 18 3 18 surface area
surrounding each grid point. The heat anomalies are integrated vertically and then horizontally over the
Northern Hemisphere, Southern Hemisphere, and global ocean. OHU is a time-dependent variable, the
value of which represents the accumulated TC-i duced ocean heat anomalies beneath the monthly
mixed layer.
By using the monthly varying maximum mixed layer depth as the top boundary for OHC estimates, we only
consider the TC-induced warming reaching into the ocean thermocline. As the mixed layer deepens in the
winter, a portion of the anomalous heat accumulated during TC season may get reabsorbed into the mixed
layer and released back to the atmosphere [Jansen et al., 2010]. Here the definition of OHU emphasizes the
seasonal variation of the anomalous heat remained within the thermocline. The residual OHU that remains
after the winter mixed layer adjustment is considered to be a first-order assessment of the integrated contri-
bution of TCs to the annual basin-scale ocean heat budget.
3. Results
3.1. TC Wind Characteristics
Ten years of accumulated TC tracks detected from the high-resolution-coupled simulation [Small et al.,
2014] are shown in supporting information Figure S1. Overall, the modeled TC tracks exhibit realistic spatial
patterns consistent with observations. Analysis of the TC number climatology (supporting information Fig-
ure S2) shows that the average annual TC number and seasonality are captured reasonably well in most of
the basins, though biases exist in the north Atlantic, which is a problem shared by several earlier coupled
modeling studies [Li et al., 2016; Camargo, 2013].
One of the notable improvements of the 0.258 atmosphere model is its capability of simulating very
intense storms up to Category 5. The modeled storm intensity (supporting information Figures S1 and
S3) is overall in agreement with the observational records, but it shows variation in different basins: the
intensity shifts toward the higher end in the northwestern Pacific and Indian Ocean, compared to the
other basins.
We use TC events from 18 months of the coupled model output to construct the atmosphere inputs to the
ocean model. The TC tracks and intensity of the chosen months are shown in Figure 1, and the correspond-
ing Power Dissipation Index (PDI), which is an indicator of the integrated TC strength concerning TC wind
speed and duration [Emanuel, 2005], is shown in Figure 2. The global annual PDI in the model is 80% of the
average annual PDI from observations during 2003–2012, the discrepancy of which is mainly due to biases
in the north Atlantic and east Pacific.
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m. By using XMXL, the OHU defined here represents the amount of heat that enters the 
permanent thermocline. 
Figure 4.13 shows the time series of global OHU over the last 27 years of the simulation. 
We left out the first three years to avoid potential period for adjustment. OHU is calculated using 
monthly data and then smoothed with a 12-month running average.  Results show that the 
modeled TCs can induce positive ocean heat uptake, and the magnitude of the annual average 
OHU is about 2.3e+21J in the upper 300 m and 5.3e+21J in the upper 1000 m. The magnitude of 
annual OHU is within the range of previous estimates (Bueti et al., 2014; Li and Sriver, 2016).  
To analyze the interannual variability of OHU and its relationship with the TC activity, 
we compare the time series of OHU to the time series of annually accumulated TC PDI (Figure 
4.13). In general, OHU covaries with PDI with an approximately one-year lag time: the annual 
average 300 m OHU and 1000 m OHU correlate with the PDI with a one-year-lag maximum 
correlation coefficient of 0.5 and 0.42, respectively.   Moreover, since the response time of the 
ocean is slower, OHU does not have as strong a year-to-year variability as PDI.  Rather, the 
response can be smoother and accumulative. For example, for the period of Year 16 to Year 20, 
OHU continues to increase despite the quiet years (Year 17, 19) that sandwiched in between the 
active years (Year 16, 18 and 20), and reaches the highest by the end of Year 20. This suggests 
that multi-year TC variability can affect the OHU in an accumulative manner, and the 





Figure 13. Time series of annual (solid blue curves) TC-induced ocean heat uptake and 
TC PDI (dashed black curves). The ocean heat anomalies are integrated from the 





4.4 Discussion and Conclusion 
In this chapter, we use a fully-coupled high-resolution CESM simulation and an ocean 
model experiment to examine the impact of model-simulated TCs on the global ocean. Two 
ocean-only simulations are performed using boundary conditions with and without TC signature. 
We aim to better understand how the high-resolution model’s directly-generated TCs can affect 
the modeled ocean state, in order to provide insights into the physical understanding as well as 
model behavior regarding TCs’ potential feedbacks to the large-scale climate within the “TC-
resolving” high-resolution Earth System Models.  
We find that the modeled TCs can induce changes in surface and subsurface ocean 
temperature patterns and seasonality. On annual average, we observe SST cooling (up to 0.5˚C) 
in major TC basins and SST warming (~0.1˚C) at the higher latitudes. Changes in SST is 
generally consistent with previous ocean modeling studies using observation-based estimates of 
TC activity (e.g., Bueti et al., 2014; Vincent et al., 2012). The surface warming occurs in the 
winter season, which is due to the reemergence of subsurface heat anomalies associated with the 
seasonal variations of the mixed layer depth, as well as heat transport by the Western Boundary 
Currents. This winter-time SST warming results in an anomalous SST gradient at the location 
critical for mid-latitude winter storm track.   
At the ocean subsurface across the equatorial Pacific, TC-induced heat anomalies 
propagate eastward along the main thermocline and accumulate in the equatorial eastern Pacific.   
In the meridional direction, the subsurface warm anomalies generally travel along the isotherms 
following the ocean overturning cells, with a tendency to converge back to the near-equator 
upwelling zone. In the northwestern Pacific, TCs can amplify the fast changes of late-winter 
mid-latitude ocean mixed layer depth, resulting in a net column cooling around 30˚N – 35˚N, 
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which then resides within the region of subtropical mode water, suggesting potential influence on 
the subtropical mode water formation.  
The modeled TCs can deepen the annual average ocean mixed layer in the major TC 
basins and at higher latitudes. In particular, the largest changes occur in the upstream Kuroshio 
Extension region, where TCs can amplify the rapid seasonal changes of the background mixed 
layer depth.  Moreover, we find that TCs can strengthen ocean gyre circulations and meridional 
overturning circulations, though the changes are small.  The maximum overturning in the 
subtropical cell is enhanced by 3% on global average and 1% in the Atlantic.  
In addition, we find that the modeled TCs can influence ocean MHT.  In general, TCs 
amplify the background MHT patterns, featuring enhanced poleward heat transport and cross-
equator northward transport.  However, the contribution of TC-induced anomalies to the 
background total MHT is not significant, accounting for ~2.5% of the background peak 
transport.  Anomalous heat converges at the equatorial region around 2˚S – 12˚S and in the 
higher latitudes, corresponding to the anomalous heat transport by the overturning cells and the 
Western Boundary Currents. We find that the influence of the enhanced poleward transport 
overcomes the equatorial convergence in the northern equatorial region, which may be due to the 
latitudinal distribution of TC-induced diffusivity in the model.  
Analyses show that TCs can induced positive ocean heat uptake in the model, and TC-
induced OHU covaries with the annual total TC PDI on interannual time-scales with a lag time 
of approximately one year. Moreover, multi-year TC activity can influence OHU 
accumulatively, suggesting important implications for interannual climate variability.  
The current study contains several important caveats. Firstly, as is mentioned in the 
experiment design, the regridding of the atmosphere boundary may induce inconsistencies in 
99 
 
surface fluxes during the initialization of the ocean simulation, and the ocean model therefore is 
not in perfect equilibrium. Here we assume the effect of the model drift on OCN_TC and 
OCN_FILT is generally the same. Since TCs’ impacts are analyzed by using the difference of the 
two simulations, under this assumption, the effect of drift on the analyzing results is small. This 
assumption is supported by the stable long-term SST (Appendix Figure C.1), long-term average 
ocean potential temperature in the upper 1000 m (Appendix Figure C.2), and long-term TC-
induced anomalous ocean heat uptake shown in Figure 4.13. Secondly, 30 years may not be long 
enough to fully understand the changes of the meridional overturning strength and meridional 
ocean heat transport. The current simulations are limited by the high computational cost of the 
high-resolution Earth system modeling.  Moreover, the current study uses the ocean-only 
configuration. Results such as SST cooling, changes of SST gradient, and meridional ocean heat 
transport may be different when including active air-sea coupling.   In addition, the impact of 
TCs on the ocean may be model-dependent. The result can be tightly related to the simulated TC 
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A.1 TC detection and tracking scheme 
The TC tracking scheme is based on 6-hourly sea level pressure and bottom level wind 
available from the model output (http:// www.earthsystemgrid.org/). Wind speed at 10 m is 
approximated by the bottom level wind (wind at approximately 50 m height) using the power law 
described in Wehner et al. (2014), 
U10 = (10.0 / h)
0.11Ubottom  
where h = 50m.  In order to maximize the detected TC events while keeping out non-TC vortices, 
we apply a “loose and strict” strategy, in which we start with relatively relaxed conditions to 
identify possible TC events, and then apply stricter criteria to trim the results. The detected TC 
number and climatology are generally consistent with observational records (See Figures 2.1-2.3 
in Chapter 2).  
We first modify the simple tracking method (ALG0) described in Bacmeister et al. (2013) 
to construct a “raw” dataset of storm tracks.  The modification includes a more relaxed constraint 
on storm size, considering that the modeled TCs can be larger than observations. The modifications 
to the original scheme include: 
1) The surface wind speed is searched within 100 km instead of 50 km of the low pressure 
center to find maximum wind exceeding 10 m/s. 
2) For identifying the second element of the track, low pressure center at the next time step 
(T + 6 h) is searched within 400 km instead of 200 km radius of the original low at time T.  
3) Similarly, for the subsequent time steps, the low pressure center is searched within 400 




After constructing the raw tracks, we apply visual inspection and additional duration 
constrains to filter out the short-lived, non-TC events: For at least 12 time steps (72 hours, not 
necessarily consecutive), the maximum wind speed within 100 km radius of the storm center must 
exceed 15 m/s, and the average wind speed within 50 km of the storm center must exceed 10 m/s.  
 
A.2 Blending TC winds with normal year atmospheric boundary conditions 
Under the CESM normal year forcing configuration (NYF), the resolution of atmospheric 
boundary forcing is T62. In order to incorporate TC winds with the normal year boundary 
conditions, we first interpolate the 0.25˚ wind field onto T62 grid using bilinear interpolation. 
Since the interpolation would inevitably compromise the magnitude of the maximum TC wind 
speed, we perform a point-to-point adjustment on the coarse grid with the aim of preserving the 
maximum TC intensity.  
To do that, we focus on a 14˚x14˚ domain box surrounding the TC center and compare the 
interpolated wind speed on each of the coarse grid point with the original wind speed on the nearest 
fine grid point. If the wind magnitude on the coarse grid point is smaller, then the wind vector of 
that location is replaced with the value on the corresponding fine grid point.  
 It is still possible to miss the maximum TC intensity, because the maximum wind could 
fall between two coarse grid points in the process of interpolation. Therefore, we replace the 
maximum wind speed of the T62 grid with the maximum wind on the original grid. Retaining the 
maximum wind speed is helpful to preserve the realistic wind structure.  This is because the 
atmospheric bottom wind is interpolated onto the ocean grid before exerting surface drag on the 
ocean surface.  The wind stress gradient under a TC can be regained in the interpolation process 




A.3 Modification of surface drag coefficient 
The air-sea fluxes are calculated within the coupler using the bulk forcing described in 
(Large and Yeager, 2009).  In particular, the ocean surface wind stress is calculated as a function 
of the difference between the atmosphere near surface wind and ocean surface currents : 





The drag coefficient Cd is a function of 10 m wind under natural stability, which is 
calculated iteratively using input from the atmosphere bottom wind. The drag coefficient is 
calculated in the model as: 
CD = 0.0027 /UN (10m)+ 0.000142+ 0.000076 ⋅UN (10m)  
Several previous studies suggest that the above drag coefficient would overestimate the 
surface drag under strong winds above 21m/s (Powell et al., 2003; Moon and Ginis, 2006).  Here 
we modified the drag coefficient in the model by using the drag coefficient developed by Moon 





2 + 0.028UN (10m))
2,UN (10m) ≤12.5m / s
 
z0 = (0.085UN (10m)− 0.58)×10















B.1 Genesis Potential Index 
We use the genesis index developed in Emanuel (2010): 
 
where η is the absolute vorticity at 850 hPa, χ is a non-dimensional parameter that is a 
measure of the moist entropy deficit of the middle troposphere, Vpot is the maximum potential 
intensity (Bister and Emanuel, 2002), which is defined as and Vshear is the magnitude of the 
vertical wind shear between 850 and 200 hPa.  
We calculate the GPI using the monthly model output, and then calculate the climatology 
of the annual average GPI. The resulting GPI is in per unit area per unit time (m-2s-1). We then 





genesis indices is the Emanuel and Nolan genesis
potential index (GPI),27 in which the potential inten-








1 + 0:1Vshearð Þ−2,
where η is the absolute vorticity at 850 hPa, H is the
relative humidity at 600 hPa, Vpot is the potential
intensity, and Vshear is the magnitude of the vertical
wind shear between 850 and 200 hPa. Many other
genesis indices have been developed since, e.g.,
Emanuel,30 Tippett et al.,31 and Bruyère et al.32 A
recent comparison of the performance of genesis indi-
ces in the present climate is given in Menkes et al.33
As examples of the different functional forms used in
genesis indices, we show here Emanuel’s new genesis
index30:
GPI* = ηj j3 χ −4=3 max⁡ Vpot−35
$ %
,0
$ %2 25 + Vshearð Þ−4
where χ is a non-dimensional parameter that is a
measure of the m ist ntropy deficit of t e middle
troposphere; and Tippett et al.’s31 index:































FIGURE 4 | Genesis potential index climatology in (a) February and (b) September. The black dots show individual genesis events over the
period from (a) 1970–2004 and (b) 1970–2005. (Reprinted with permission from Ref 25. Copyright 2007 American Meteorological Society)
Advanced Review wires.wiley.com/climatechange




Figure B.1 A near-balanced top of atmosphere radiation budget and relatively steady 










Figure B.2 Annual mean SST in (a) observations (OISST), (b) CPL, (c) SLAB. Difference 





Figure B.3 Differences in (colored contour) climatological annual mean surface pressure 
between (a) CPL and MERRA (b) ATM and MERRA and (c) SLAB and MERRA. Location 





Figure B.4 (Upper) Time series of monthly average SST differences between western 
tropical Pacific (5˚S - 5˚N, 80˚E-160˚E) and eastern  tropical Pacific (5˚S - 5˚N, 80˚W-
160˚W) in (blue) CPL, (red) ATM, and (purple) SLAB.  (Lower) Time series of monthly 


























	 OBS	 ATM	 CPL	 SLAB	
	 Cat	1-2	 Cat	3-5	 Cat	1-2	 Cat	3-5	 Cat	1-2	 Cat	3-5	 Cat	1-2	 Cat	3-5	
NA	 13.87±0.4	 19.6±0.8	 9.6±0.4	 13.9±0.7	 10.6±0.6	 15.5±2	 11.8±0.5	 16. 7 ± 1.5	
EP	 13.3±0.3	 17.3±0.6	 11.6±0.4	 12.4±0.8	 11.1±0.4	 13.4±3	 11.7±0.4	 13.5±1.4	
IO	 3.8±0.3	 5.9±0.7	 8.4±0.5	 8.4±0.9	 8.7±0.5	 8.2±1	 8.0±0.4	 10.2±1.5	
NWP	 5.0±0.2	 9.0±0.3	 9.6±0.3	 13.4±0.5	 11±0.4	 14.4±0.6	 11.2±0.4	 13.8±0.5	
SH	 5. 0 ± 0.2	 8.7±0.5	 10.2±0.4	 12.3±0.9	 10.6±0.4	 13.1±1.1	 11±0.5	 13. 3 ± 1.2	











Figure C.1 Time series of monthly global average SST difference between OCN_TC and 






Figure C.2 Time series of global average ocean subsurface temperature anomalies 
averaged over 0-1000m depth. The anomalies are referred to as OCN_TC – OCN_FILT. 
